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ABSTRACT 

 
 Large-scale climate modes such as the El Niño/Southern Oscillation (ENSO), the 

Asian monsoon, and the Arctic Oscillation are responsible for much of the Earth’s 

climate variability. Despite the importance of these modes, we have limited 

understanding of how they vary on long (multidecadal to millennial) timescales due to 

the short length of instrumental climate records. Fortunately, climate information stored 

in natural archives can provide us with information on how these modes varied in the 

more distant past. Lake sediments are an ideal climate archive since they are continuous, 

have high temporal resolution, and contain many potential climate proxies. In the present 

study, I use lake sediment records to assess past climate and environmental changes 

associated with the El Niño/Southern Oscillation, the Asian monsoon, and the Arctic 

Oscillation. 

 Exploring modern precipitation variability across the Asian monsoon region, I 

found that precipitation within this broad area is not coherent, which holds implications 

for paleorecords that are hypothesized to represent monsoon variability, including many 

lake sediment records on the Tibetan Plateau. Monsoon precipitation in the Arabian Sea 

is distinct from precipitation in India and China, and increased precipitation in the 

Arabian Sea coincides with decreased precipitation in the western North Pacific. 

Furthermore, only precipitation in southwestern Tibet responds to the Southwest 

monsoon, whereas precipitation in southeastern Tibet responds to the western North 

Pacific monsoon.  
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 In southwestern Tibet, I have reconstructed dust variability over the last 

millennium using the lake sediment record from Kiang Co. The sediment record shows a 

trend toward increasing dust over the 20th century, and our hypothesized dust proxy is 

positively correlated with the June-November Arctic Oscillation Index. A trend toward 

more positive Arctic Oscillation Index values as well as higher temperatures over the 20th 

century likely drove increased dustiness in southwestern Tibet, due the influence of 

temperature on glaciofluvial sediment availability in the Himalayas. 

 Sediment trap, sediment core data, and modern measurements of local climate and 

lake water variables at Genovesa Crater Lake, Galápagos, indicate the lake and its 

sediments respond to local climate variability, with carbonate-rich sediments forming 

during prolonged dry periods (La Niña events), and organic-rich sediment forming during 

the warm season and El Niño events. The ratios of silica to calcium and strontium to 

calcium also reflect cool season SST. Thus, this lake sediment record has potential to 

provide a record of both seasonal and ENSO variability spanning the Holocene. 
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1. INTRODUCTION 

 

 As we face a rapidly changing environment in the 21st century, there is a strong 

need to understand the full range of natural climate variability. Armed with this 

knowledge, we can correctly attribute anthropogenic and natural climate variability and 

improve projections of future climate change. The need for information on long-term 

climate variability is particularly great in the Asian monsoon region and the tropical 

Pacific, two areas where climate variability influences a large percentage of the Earth’s 

human population and where future climate projections are uncertain.  Across most of 

Asia, billions of people live under the influence of summer monsoon precipitation (Clift 

and Plumb 2008). In particular, agriculture in this region is explicitly tied to seasonal 

rainfall (Kumar et al. 2004; Tao et al. 2004). Thus, accurate projections of future 

monsoon variability are essential in order to reduce the vulnerability of populations living 

in this region.  Many model simulations of future monsoon precipitation with increased 

greenhouse gas concentrations show an overall increase in precipitation, with some 

simulations suggesting an extension of the monsoon season (Annamalai et al. 2007; 

Christensen et al. 2007; Kripalani et al. 2007a; Kripalani et al. 2007b; Turner et al. 2007). 

However, recent intercomparisons of model simulations of monsoon precipitation with 

modern instrumental data show a lack of reproducibility of the real-world monsoon in 

some monsoon subdomains (Zhou et al. 2009).  Furthermore, many models do not 

correctly simulate the spatial patterns and climatology of monsoon precipitation, air-sea 

interactions, or the tropical Pacific teleconnections associated with monsoon precipitation 



 

 

14 

(Annamalai et al. 2007; Kripalani et al. 2007a; Bollasina and Nigam 2009). Because of 

these model inadequacies, our understanding of monsoon variability in warmer world 

remains limited, and the ability of billions of people to adapt to a changing climate is 

hindered. 

 Aerosols are another key feature of Asian climate, as they have significant 

impacts on regional temperature and hydrology. Recent studies indicate aerosols could 

accelerate the melting of Himalayan glaciers by increasing air temperature over the 

Himalayas and changing ice albedo (Xu et al. 2009; Lau et al. 2010). Aerosol-induced 

warmer temperatures over the Himalayas and the southern Tibetan Plateau could also 

strengthen South Asian monsoon circulation and change the spatial pattern of monsoon 

precipitation (Lau et al. 2006). Despite our growing awareness of the important influence 

of aerosols on climate, we have limited understanding of aerosol impacts as well as 

natural dust variability in the Asian monsoon region. There is a pressing need to 

understand natural dust variability as several studies have indicated that parts of Asia 

have gotten dustier over the 20th century (Thompson et al. 2000; Qiang et al. 2007; Chu 

et al. 2009; Xu et al. 2010). It remains unclear if this increase in dustiness is driven by 

climate variability or human activity. Some of the increase in aerosols is clearly 

anthropogenic--the Asian brown cloud, a result of the combustion of biomass and fossil 

fuels--covers much of South Asia during the non-monsoon season (Ramanathan et al. 

2002). However, other studies are beginning to link low-frequency mineral dust 

variability to climate.  For example, shifts in the position of the westerly winds over the 

20th century have been linked to shifts in dusty regions in northern China and Tibet (Xu 
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et al. 2007; Han et al. 2008; Kaspari et al. 2009; Gao and Washington 2010). Such studies 

that attempt to define the forcing factors of natural dust variability are essential for 

improving projections of future dustiness across Asia. 

 Climate in the tropical Pacific influences global climate through atmospheric 

teleconnections associated with anomalous sea surface temperature (SST) anomalies 

(Trenberth et al. 1998). Interannual ENSO variability and decadal to centennial SST 

variability both affect hydroclimate not only across the Pacific Basin, but in places as 

remote as the Asian monsoon region (Webster and Yang 1992), Europe (Bronnimann et 

al. 2007), and western North America (Graham et al. 2007; Seager et al. 2007). Due to 

the overwhelming tropical Pacific signature on global climate, it is especially important 

to understand climate variability in this region. Yet even climate over the period of 

instrumental observations in the tropical Pacific is clouded with uncertainty. Gridded, 

interpolated sea surface temperature datasets suggest different trends in eastern tropical 

Pacific sea surface temperature over the 20th century, with some datasets showing cooling 

or no trend, and others showing a warming trend (Vecchi and Soden 2007; Deser et al. 

2010). This uncertainty extends to future projections of climate change in the tropical 

Pacific. Model simulations of tropical Pacific climate have improved over the last decade, 

and there is an emerging consensus that the tropical Pacific will experience enhanced 

equatorial warming, a shoaling of the thermocline, and weaker easterly tradewinds 

(Guilyardi et al. 2009; Collins et al. 2010). However, it still remains unclear if ENSO 

variability will increase or decrease in a warmer world (Collins et al. 2010). 
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 The uncertainties described in the previous paragraphs can be reduced with a 

well-developed network of paleoclimate records.  With these records, we can assess low- 

frequency (multidecadal to centennial) variability as well as long-term changes in 

seasonal and interannual variability. This information can then serve as additional 

benchmarks to validate climate models, ultimately helping to improve projections of 

future climate change.  Lake sediments, the primary focus of this study, are one key 

source of information on long-term climate variability. Their usefulness arises from their 

length, continuity and high temporal resolution. Furthermore, they can usually be 

absolutely dated, and often several of the different components that comprise lake 

sediments—biological, chemical, and clastic—can serve as climate and environmental 

proxies or indicators.  Over the last several decades, lake sediment records from Asian 

monsoon region and tropical Pacific have provided key insights on millennial climate 

variability over glacial-interglacial cycles, centennial variability through the Holocene, 

and interannual to decadal variability during the last 2000 years. 

 In the Asian monsoon region, lake records have supplemented key speleothem, 

marine, and loess records, helping to define millennial to centennial monsoon variability. 

Lake records have contributed significantly to the consensus that the monsoon was 

stronger in the early Holocene with increased summertime insolation in the Northern 

Hemisphere, and weakened during the mid to late Holocene (Gasse et al. 1996; Wei and 

Gasse 1999; An et al. 2000; Morrill et al. 2006; Prasad and Enzel 2006; Shen et al. 2008; 

Mugler et al. 2010). Lake records are also beginning to provide information on 

multidecadal to centennial monsoon variability (Shankar et al. 2006; Holmes et al. 2007; 
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Henderson et al. 2010; Chu et al. 2011), and are ideal archives for such variability in 

terrestrial regions lacking high-resolution tree-ring records, such as the western and 

northern Tibetan Plateau. Asian lakes are also proving to be an invaluable resource for 

dust studies.  Lake sediment records are a key terrestrial supplement to ice core dust 

records, and can provide the high temporal resolution lacking in marine and loess dust 

records. Recent lake records of dust variability over the Holocene are expanding our 

understanding of spatiotemporal dust variability over Asia (Xiao et al. 1997; Qiang et al. 

2007; Chu et al. 2009; Mischke et al. 2010), but such studies are still relatively rare.  

 Lakes also contribute significantly to our understanding of tropical Pacific 

paleoclimate as they can fill the information gap between monthly to seasonally resolved 

coral records, which are short and discontinuous, and long and continuous, but low 

temporal resolution, marine core records. In the eastern tropical Pacific, lake records 

from the Galápagos Islands have been used to infer changes in ENSO frequency and 

intensity over the Holocene, as well as long-term changes in SST and the position of the 

ITCZ (Riedinger et al. 2002; Conroy et al. 2008; Conroy et al. 2009b; Sachs et al. 2009). 

Here, lake sediments have added to the consensus that ENSO frequency increased during 

the mid-Holocene (Riedinger et al. 2002; Conroy et al. 2008), and suggest a trend toward 

higher SST over the last 200 years that resembles the observed trend in Northern 

Hemisphere temperature (Conroy et al. 2009). Across the tropical Pacific, lake sediment 

records from Palau, the Line Islands, and the Galápagos also suggest centennial shifts in 

the location of the ITCZ during the last millennium, hypothesized to be forced by 

changes in solar irradiance (Sachs et al. 2009). 
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 Despite these lake sediment contributions to our understanding of past climate 

variability, uncertainties still remain. In the Asian monsoon region, although many 

records of past monsoon variability are inferred from lake sediments and other proxies, 

the precise spatial limits of the monsoon across this vast region are rarely questioned. 

Furthermore, there is often a general assumption that paleomonsoon records from across 

the Asian monsoon region should covary, when we know modern precipitation is 

extremely heterogeneous. Our knowledge of Asian dust variability is still hampered by a 

dearth of high-resolution records. And although tropical Pacific lake records have 

contributed to our understanding of coupled ocean-atmosphere variability, they have yet 

to disentangle mean state changes, seasonality, and ENSO. The body of work represented 

in this dissertation addresses some of these questions and uncertainties. In the following 

section, I briefly describe the research and results of each appendix, ending with 

directions for future research. 
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2. PRESENT STUDY 

 

 The methods, results, and conclusions of this study are presented as three papers 

formatted for publication in professional journals. Each appendix is formatted as required 

by specific journals. All articles are coauthored, and I am senior author on all three 

manuscripts. 

 The research presented in this dissertation builds on my previous work while a 

student at the University of Arizona (Conroy et al. 2008; Conroy et al. 2009a; Conroy et 

al. 2009b), and is focused on understanding past and present climate variability in the 

Asian monsoon region and the eastern tropical Pacific (Figure 1.1). The first study 

(Appendix A) is a regionalization of modern precipitation across the Asian monsoon 

region. In this study we used empirical orthogonal function analysis of modern, gridded 

monthly precipitation from the Asian monsoon region to define both the spatial limits of 

the monsoon as well as monsoon subdomains with unique precipitation seasonality and 

interannual variability. Our results show similar western and eastern boundaries 

compared to earlier studies (Wang and LinHo 2002), but our analysis is unique in that it 

suggests the modern monsoon domain extends to more arid, northern regions (the Tibetan 

Plateau, northern China, and southern Mongolia) that are excluded in other modern 

studies of monsoon limits, but are known to have experienced monsoon influence 

through the Quaternary. Two other important results are that 1) only summer 

precipitation in southwestern Tibet reflects the Southwest monsoon and 2) summer 

precipitation over the Arabian Sea is negatively correlated with summer precipitation 
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over the western North Pacific region on interannual timescales. Although this new 

regionalization of precipitation has revealed interesting spatial variability in the greater 

Asian monsoon region, it is unclear if these regions were the same during past periods. A 

natural extension of this research will be to conduct regionalization analyses using both 

paleoclimate data and a suite of global climate model simulations of precipitation during 

different time periods (e.g., 6,000 years BP, 9,000 years BP, and 18,000 years BP) to see 

how the regions of coherent precipitation variability differ with different background 

conditions and forcing factors.   

 Appendix B presents a new reconstruction of Himalayan climate and atmospheric 

dust loading spanning the last millennium from Kiang Co, a small, high-elevation lake 

located on the southwestern Tibetan Plateau.  Grain size, abundance of terrigenous 

elements, and magnetic susceptibility data on lake sediment cores indicate that eolian 

material comprises a significant component of the sediment record. Our hypothesized 

record of dust from Kiang Co covaries on centennial timescales with the dust record from 

the Dasuopu ice core (Thompson et al. 2000), located over 400 km to the east of the lake, 

suggesting coherent dust forcing over a broad region of the Himalayas. Geochemical 

fingerprinting indicates the dust in Kiang Co is derived from the High Himalayan 

Crystalline Sequence, implying a relatively local source; the dust likely originates in the 

western Himalayas and is transported downwind with the mean westerly winds. A strong 

relationship between the inferred dust record in Kiang Co and the June-November Arctic 

Oscillation Index over the instrumental period suggests that climate controls low 

frequency dust variability in the Himalayas and southern Tibet. During June-November 
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periods with more positive AO Index values, temperatures from the surface to 500 mb 

height are warmer in the western Himalayas. We hypothesize that these warmer 

temperatures increase glacial melting and runoff, ultimately producing increased 

sediment availability for dust entrainment. Future work will involve testing the 

hypotheses posed in the present study with replication, extension of the Kiang Co record, 

and calibration with modern aerosol samples and measurements from southwestern Tibet 

and the Himalayas. The dating of this record could also be refined with additional 

chronometers, or compound-specific radiocarbon measurements, which would isolate 

microscopic terrestrial plant remains that cannot be manually picked from the core. We 

also plan to create a quantitative reconstruction of temperatures over the last millennium 

from the Kiang Co lake sediments, which would enable us to test the hypothesis that 

temperatures play a strong role in dustiness.  There are no quantitative reconstructions of 

temperature spanning the last 1000 years from the Himalayas or the southern Tibetan 

Plateau, as ice core δ18Ο records are partly confounded by the isotopic signature of 

monsoon precipitation (Tian et al. 2003). 

 Turning to the tropical Pacific, Appendix C describes the climate controls on 

Genovesa Crater Lake, Galápagos. The sediment record from Genovesa Crater is 

laminated and thus has the potential to provide a high-resolution record of climate 

variability spanning most of the Holocene. We monitored climate and lake conditions at 

Genovesa through the 2009-2010 El Niño event, gaining important insights into how the 

lake responds to changes in temperature, precipitation, and other climate variables. This 

information, coupled with an investigation of the lake’s sediment record, allows us to 
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conclude that prolonged dry events in the sediment record are represented by sediment 

intervals with a high abundance of authigenic calcium carbonate. Warm season and El 

Niño events are represented by organic-rich sediment, whereas the ratio of silica to 

calcium and the ratio of strontium to calcium reflect cool season SST; higher Si/Ca and 

Sr/Ca values reflect warmer cool seasons.  Organic carbon and nitrogen abundance, as 

well as δ13C and δ15N values of organic matter, also seem to reflect guano influx and 

island seabird populations, although denitrification and ammonia volatilization likely 

play a key role in loss of nitrogen and fractionation of nitrogen isotopes in Genovesa. The 

most obvious future direction for Genovesa research includes continued monitoring of 

the lake system to capture and define seasonal and interannual variability, as well as the 

extension of the lake sediment record back to 7000 years BP (our best estimate of the age 

of the entire lake sediment record). Even with our highly uncertain age model for the last 

~500 years, Ca abundance through the Genovesa cores suggests major changes the 

frequency of prolonged dry events (Figure 1.2). The results of the present study, 

combined with elemental and isotopic measurements and adequate dating of the sediment 

record (by radiocarbon dating of mangrove lipids), will hopefully permit reconstruction 

of the Holocene history of La Niña events and cool season SST in the eastern tropical 

Pacific.  
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Figure 1.1: Map of field areas and major climate modes investigated in the present 
study. Box over Asia represents the boundary of the monsoon as found in Appendix 
A, with monsoon subregions. Colored contours within the box over the eastern 
tropical Pacific represent the correlation coefficients between average, annual 
Galápagos SST (2°S-2°N, 92°W-88°W), and average, annual SST (Rayner et al. 
2003) at each 1°x1° grid in the eastern tropical Pacific from 1950-2010. Stars indicate 
the location of lakes investigated in Appendix B and Appendix C—Kiang Co in the 
Asian monsoon region and Genovesa Crater Lake in the Galápagos. Contours outside 
of the eastern tropical Pacific represent the correlation coefficients between the 
annual Arctic Oscillation (CPC) and SLP from 1979-2010 (Saha et al. 2010). 
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Figure 1.2: Time series of Ca intensity with the most recent iteration of the Genovesa 
age model. Values come from XRF analysis of pressed pellets in the 20th century, and 
resin-embedded ‘pucks’ from AD 450-1950. Although the age model remains 
uncertain, Ca variability throughout the time series suggests more frequent prolonged 
dry events from AD 1550-1750.  
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REGIONALIZATION OF PRESENT-DAY PRECIPITATION IN THE GREATER 
MONSOON REGION OF ASIA 

Jessica L. Conroy and Jonathan T. Overpeck 

Abstract 

The spatial domain of the Asian monsoon has been defined by the intensity, seasonal 

concentration, and annual range of precipitation. Monsoon subdomains, such as the 

Indian monsoon, East Asian monsoon, and western North Pacific monsoon, have also 

been identified based on seasonal wind reversals as well as the timing and source of 

monsoon moisture.  However, precipitation across the Asian monsoon region is 

heterogeneous and spatially complex, and may have influences further north than 

commonly assumed, particularly if we consider records of past variability spanning the 

current interglacial period. Here we present an additional means of identifying the Asian 

monsoon domain and monsoon subsystems using an empirical orthogonal function 

(EOF)-based regionalization of gridded precipitation values.  We determine regions of 

unique precipitation variability for the Asian monsoon region using monthly precipitation 

anomalies from the CMAP gridded precipitation dataset from 1979-2009. From these 

regions, we define an area of Asian monsoon influence extending from the Arabian Sea 

eastward to the western North Pacific Ocean, similar to other studies. One key difference 

is that our region of monsoon influence penetrates further north into the Tibetan Plateau 

and northern China. Thus, paleoclimate observations of wetter conditions in these 

northern, arid regions may suggest an intensification of monsoon moisture, rather than a 

northward shift in the boundary of the monsoon. In contrast, the Arabian Peninsula, 
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largely removed from monsoon precipitation today, likely saw a shift of monsoon 

influence inland earlier in the Holocene. We also identify different subdomains of distinct 

precipitation variability in southeastern Asia, the western North Pacific, and the East 

Asian monsoon region of northeastern China that agree with previous studies. However, 

we do not identify a single Indian summer monsoon region. Instead we find that the 

Arabian Sea has unique precipitation variability relative to the Indian subcontinent. 

Summers with enhanced precipitation over the Arabian Sea coincide with decreased 

summer precipitation in the western North Pacific. This relationship is likely a result of 

the El Niño/Southern Oscillation-induced development of the Philippine Sea 

Anticyclone. We generally find that local and remote sea surface temperatures covary 

with regional precipitation, but not all regions respond similarly to remote climate 

variability associated with ENSO. Finally, there is some evidence that our EOF-defined 

regions were stable through the Holocene, although additional regionalization analyses of 

paleorecords and model simulations of past precipitation variability are needed to 

reconstruct past regions of coherent precipitation variability. 

1. Introduction 

 Almost two-thirds of the global population lives under the influence of the 

seasonal rains associated with the Asian monsoon (Clift and Plumb 2008).  In coming 

decades, an expanded human population in the Asian monsoon region will depend on 

seasonal rainfall that is expected to vary significantly with increasing atmospheric 

greenhouse gas concentrations (Annamalai et al. 2007; Turner et al. 2007; Lee et al. 
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2008; Ashfaq et al. 2009). Thus, improving predictability of monsoon rains is essential 

for effective planning and alleviation of future hydrologic stress within this densely 

inhabited region (Webster et al. 1998).  However, projections of future Asian monsoon 

precipitation vary from model to model, and many models do not correctly simulate 

regional precipitation, evaporation, SST, and air-sea interactions (Bollasina and Nigam 

2009). Asian monsoon predictability and accurate projections of the future Asian 

monsoon require an understanding of the oceanic and atmospheric processes of the 

monsoon system, the influence of atmospheric and oceanic teleconnections, and the 

spatial and temporal variability of rainfall on intraseasonal, interannual, multidecadal, 

and longer timescales. However, the spatial heterogeneity of rainfall over the Asian 

monsoon region hampers predictive efforts, since precipitation in this vast region does 

not necessarily covary or respond coherently to changes in forcing factors (Zhou et al. 

2009). 

 Understanding regional monsoon behavior on interdecadal to millennial 

timescales is also key and must be informed by paleoclimatic observations. Thus, it is 

critical to know if paleoclimate reconstructions of Asian monsoon variability from 

diverse regions, such as ocean sediment cores from the Arabian Sea (Overpeck et al. 

1996; Clemens and Prell 2003; Gupta et al. 2008), lake sediment records from the 

Tibetan Plateau (Wei and Gasse 1999; Morrill et al. 2006; Mügler et al. 2010), and 

speleothem records from across China (Wang et al. 2001; Wang et al. 2005; Wang et al. 

2008) should be expected to covary with one another as a function of variability 

timescale and climate forcing (Figure 1, Table 1). For example, there is disagreement 
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between Asian monsoon proxies from Arabian Sea sediments and speleothems from 

southern China about the timing of maximum monsoon intensity during the early 

Holocene (Ruddiman 2006; Clemens and Prell 2007). Another point of contention is why 

some paleoprecipitation records indicate abrupt changes in monsoon intensity in the mid-

Holocene (Morrill et al. 2003), whereas others suggest more gradual changes less prone 

to threshold behavior (Fleitmann et al. 2007). We hypothesize that some of these 

discrepancies between precipitation reconstructions may be due to the location of 

paleorecords in regions that experience different precipitation regimes. 

 It has been recognized by many researchers that the East Asian and Indian 

monsoons are independent systems (Wang et al. 2001; Ding and Chan 2005; Huang et al. 

2007). The East Asian monsoon region has been further divided into several subsystems, 

including the East Asian summer monsoon and western North Pacific summer monsoon 

(Wang et al. 2001; Wang and LinHo 2002). These subregions are defined by the source, 

timing and location of seasonal precipitation, and are represented by atmospheric indices 

that reflect regional precipitation variability (Wang and Fan 1999; Wang et al. 2001; 

Wang et al. 2008).  Empirical Orthogonal Function (EOF)-based regionalization offers an 

additional way of dividing a large area into coherent subregions with similar variability 

(White et al. 1991).  Previous regionalization studies within the Asian monsoon region 

have been limited to irregularly-spaced station data from individual countries, such as 

Nepal, China, and India, and have not considered the entire region of Asian monsoon 

influence (Iyengar and Basak 1994; Singh and Singh 1996; Gadgil 2003; Kansakar et al. 

2004; Lu et al. 2008).  Other studies have been larger in scope, performing EOF analysis 
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on global-scale datasets in order to understand the global monsoon system (Trenberth et 

al. 2000; Zhang and Wang 2008). In this paper, we use EOF analysis on a broader, more 

spatially-complete, gridded precipitation product to define both the region of Asian 

monsoon influence and subregions with unique precipitation variability. We support our 

results from this approach by applying the same EOF-based regionalization to two 

additional precipitation products.  We also assess the relationship between precipitation 

time series of the different regions and various spatio-temporal aspects of monsoon 

climate to understand the large-scale atmospheric processes driving precipitation 

variability in each of the regions. Lastly, we highlight the implications for paleoclimatic 

observations of Asian monsoon variability based on our definition of precipitation 

domains and our understanding of the atmospheric dynamics and teleconnections 

associated with each region. 

2. Data 

  We evaluated three gridded precipitation products over the Asian monsoon 

region (defined as 0-45°N, 40°E-140°E): The Climate Prediction Center Merged Analysis 

of Precipitation (CMAP) enhanced dataset, the Global Precipitation Climatology Project 

(GPCP) dataset, and the Tropical Rainfall Measuring Mission (TRMM) 3B43 dataset 

(Xie and Arkin 1997; Kummerow et al. 1998; Adler et al. 2003).  We used gridded 

datasets as they provide regularly-spaced, quality-controlled estimates of precipitation; 

EOF analysis on irregularly-spaced station data may affect loading patterns (Karl et al. 

1982).  CMAP precipitation is a merged composite of precipitation estimates from 
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satellite data, available station data, and National Center for Environmental Prediction 

(NCEP) reanalysis data (Xie and Arkin 1997).  GPCP precipitation is also a merged 

composite of satellite estimates of precipitation and station data (Adler et al. 2003).  The 

CMAP and GPCP datasets contain monthly precipitation data in mm day-1 and have 2.5° 

x 2.5° spatial resolution, giving us 720 grid points in our defined Asian monsoon region. 

Monthly CMAP data extends from January 1979 to September 2009, and monthly GPCP 

data extends from January 1979 to July 2009 (Xie and Arkin 1997; Adler et al. 2003).  

TRMM precipitation is a composite of the high-resolution TRMM satellite precipitation 

estimates combined with gridded, quality-controlled station data from 50°S to 50°N 

(Kummerow et al. 1998). The TRMM dataset contains precipitation rate data in mm hour-

1, has 0.25° x 0.25° spatial resolution, and extends from January 1998 to December 2009.   

We averaged the TRMM grid points together, creating a 1° x 1° gridded dataset (4500 

grid points) to reduce computational time.  Since the gridded precipitation data are highly 

non-normal, with many zero values in the more arid regions, we took the square root of 

each monthly precipitation estimate, which produced more normally distributed data 

(Comrie and Glenn 1998). 850 mb wind and sea level pressure data used in this analysis 

are from the NCEP II Reanalysis (Kanamitsu et al. 2002), and sea surface temperature 

(SST) data are from the HadISST 1.1 dataset (Rayner et al. 2003). 

3. Methods 

 We performed EOF analysis on the gridded, monthly precipitation anomalies for 

each of the three datasets using MATLAB, decomposing the time-space precipitation 
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matrices into their eigenvectors and associated eigenvalues in order to find regions with 

covarying precipitation anomalies. We did not remove the seasonal cycle as we are 

interested in grouping gridpoints with similar precipitation seasonality. In fact, the power 

of the annual cycle may be one of the defining factors of regional precipitation regimes. 

We chose to perform EOF analyses on the correlation matrices rather than the covariance 

matrices since we are considering regions with widely varying precipitation amounts, and 

wish to delimit regions of precipitation variability based on similar seasonal patterns and 

associated atmospheric mechanisms, rather than the total amount of variance.  In order to 

determine the number of significant eigenvalues and associated eigenvectors, we 

employed the Rule N test, the North test, and the scree test on the eigenvalues of each 

precipitation dataset (Cattell 1966; North et al. 1982; Overland and Preisendorfer 1982).  

For the Rule N test, we generated 1000 random matrices with the same size, variance, 

mean annual cycle, and AR1 coefficients as the CMAP, GPCP, and TRMM datasets. We 

decomposed each of these datasets, sorted the resulting eigenvalue variances, and 

selected the 99th percentile as our cutoff for eigenvalue significance. We calculated the 

distance between adjacent eigenvalues and the sampling error for each eigenvalue for the 

North test. Significant eigenvalues were those for which the distance between adjacent 

eigenvalues exceeded the error. The scree test was based on a visual inspection of slope 

change between adjacent eigenvalues. Once we selected the number of significant 

eigenvalues with these criteria, we rotated the retained eigenvectors using Promax 

oblique rotation with k=2 (Hendrickson and White 1964).  Rotation of eigenvectors is 

required in regionalization schemes to deal with several problems, including Buell 
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patterns, or domain shape dependence, of the loading patterns (Buell 1979). White et al. 

(1991) found that oblique rotations produced more stable loading patterns than unrotated 

or orthogonally rotated eigenvectors.  

  We identified regions of unique precipitation variability using two methods. The 

first method is based on the maximum loading values. After decomposition and rotation, 

each grid point is represented by a set of loading values equal to the number of retained 

and rotated eigenvectors (e.g., Comrie and Glenn 1998). Each set of loading values can 

then be ranked by magnitude. For example, if the loading value for EOF 1 is higher than 

the loading values of the subsequent EOFs for a grid point, we incorporated that grid 

point into EOF region ‘1’. Demarcation of the EOF regions in this manner produced 

coherent regions that mirror the areas of highest loading values for each EOF 

(Supplemental Figure 2).  We also created composite plots of precipitation anomalies for 

months in the principal component (PC) time series with standard deviations ≥|1.5|. This 

method produced similar regions compared to the maximum loading method 

(Supplemental Figure 3). In the CMAP and GPCP datasets, 5% of the grid points in the 

plot of maximum loadings were out of place (8% in the TRMM dataset), with an isolated 

grid point from a remote region lying within a coherent region. In these few instances 

when an identified ‘region’ contained a few isolated grid points from different regions, 

we imparted the isolated grid points with the region number of their second highest 

loading value in order to obtain more accurate regional precipitation averages. Most often 

in these cases, the second-highest loading value is the same as the maximum loading 

values of the surrounding grid points.  After replacing these few grid points, the average 
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precipitation time series calculated from all the grid points in a region is still highly 

correlated with the associated PC, providing support for our methodology. 

4. Results 

 The Rule N test, North, and scree tests indicate nine significant eigenvalues for 

the CMAP and GPCP datasets (Supplemental Figure 1). For the TRMM precipitation 

dataset, Rule N suggests only five significant eigenvalues, whereas the scree test suggests 

either five or nine significant eigenvalues, and the North test suggests nine significant 

eigenvalues. In some EOF-based studies that attempt to determine climate modes, only 

the top few eigenvalues are retained (e.g., those explaining more than ~5% of the total 

variance), as many of the higher-order eigenvalues are not physically interpretable (e.g., 

Quadrelli and Wallace 2004).  However, we are using EOF analysis as a data reduction 

tool, and wish to group a large number of gridpoints into a manageable set of regions 

with distinct temporal precipitation variability. Thus, we also require simple structure, or 

the delimitation of clear, coherent regions with high loading values (Richman 1986). The 

percent variance explained by our eigenvalues drops below 5% after the third eigenvalue 

in each dataset, but retaining only three eigenvalues results in poor simple structure; 

retaining more eigenvalues produces improved simple structure. Thus, we decided to 

follow the results of our three tests and retain nine eigenvalues and associated 

eigenvectors for the CMAP and GPCP datasets. There is some discrepancy between the 

eigenvalue retention tests for TRMM, but we decided to retain nine eigenvalues, as this 

resulted in improved simple structure compared to retaining only five eigenvalues.  These 
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eigenvalues explain 70.1%, 69.6%, and 64.9% of the total variance for CMAP, GPCP, 

and TRMM datasets, respectively (Table 2).  Although the percentage of variance 

explained by some of the higher order eigenvalues is fairly low, maps of eigenvector 

values indicate clear, coherent regions of high loading values for these higher order EOFs 

(Supplemental Figure 2). In each dataset, one or two EOF loading patterns show a dipole-

like structure, with one area having strong positive loading values and the other area with 

strong negative loading values (e.g., Region 2 in CMAP and GPCP). White et al. (1991) 

suggest that ‘splintering’ of regions indicates overfactoring, but retaining less than nine 

eigenvectors results in split regions as well. Split regions are designated by ‘a’ and ‘b’ in 

the regionalization maps. 

 The EOF number that defines the regions is often different in the three 

precipitation datasets, and there are differences in sizes of regions. Yet, overall the 

regions are remarkably similar, providing additional confidence in our regionalization 

scheme (Figure 2). The largest differences among the three datasets are the subdivision of 

the Arabian Sea and western North Pacific Ocean into three regions in the TRMM 

dataset. However, the TRMM dataset has much higher spatial resolution and far fewer 

months of data compared to the CMAP and GPCP datasets, which likely influences the 

results of the EOF analysis. The spatial differences between regions in CMAP and GPCP 

are small enough that due to the limits of space, we only analyze the results from the 

CMAP dataset in the following sections.  Regions defined with the TRMM data vary 

more compared to CMAP and GPCP results, but the much shorter length of the TRMM 
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dataset precludes performing the same statistical analyses used on the CMAP regions in 

the following sections. 

5. Discussion 

 a. Regional precipitation climatology 

 The PCs and time series of average, monthly precipitation for each region are 

highly correlated, which is additional evidence that our criteria for region selection are 

sound (Figure 3). Although the seasonal cycle is dominant in many of the time series, the 

monthly precipitation climatology for each region indicates differences in the seasonality 

of precipitation (Figure 4). Regions 1, 2a, 3, 5, and 9 have a strong monsoonal signal, 

with peak precipitation occurring between May and September. More than 57% of the 

annual precipitation in these regions comes in the summer months (MJJAS), and the 

annual rainfall range is greater than 5 mm day-1. Based upon the concentration and 

intensity of the summer precipitation, Regions 1, 2a, 3, 5, and 9 appear to make up the 

principal region of Asian monsoon influence. These regions are referred to as the India-

China monsoon (ICM), Southeast Asian monsoon (SEAM), Arabian Sea monsoon 

(ASM), East Asian monsoon (EAM), and western North Pacific monsoon (WNPM) 

regions throughout the remainder of the paper (Table 3). However, although these five 

regions have summer monsoon characteristics, low correlation coefficients between the 

monthly precipitation time series suggest they do not behave coherently.  

 Regions 2b, 7, and 8, representing south-central Asia, the Arabian Peninsula, and 

central Asia, are the driest regions, and experience maximum precipitation in the winter 
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and spring. Regions 4 and 6, the western equatorial Pacific and eastern equatorial Indian 

Ocean, are the wettest of the 10 regions. These near-equatorial regions have less 

precipitation seasonality compared to the other regions, although precipitation is highest 

in June and July in the western Equatorial Pacific and in September through December in 

the eastern equatorial Indian Ocean. Correlation coefficients between the monthly, 

regional precipitation time series are low, but there are significant correlations between 

summer precipitation (JJAS) in several regions (Table 4, Figure 5).  Some of the highest 

correlation coefficients are between the eastern equatorial Indian Ocean and ASM 

regions (r = 0.64), south-central Asia and the ASM region (r = 0.59), and the WNPM and 

ASM regions (r = -0.47).  Thus, years with more summer precipitation over the Arabian 

Sea correspond to greater summer precipitation in the adjacent eastern equatorial Indian 

Ocean, as well as in south-central Asia. Yet, when there is more summer precipitation in 

the Arabian Sea, there is less summer precipitation in the western North Pacific. Other 

regions with significant (but weaker) correlation coefficients are usually adjacent to one 

another: the Arabian Peninsula and south-central Asia (r = 0.43), and the eastern 

equatorial Indian Ocean and the SEAM region (r = 0.44).  

 To assess the spatial variability associated with strong and weak summer 

precipitation in each region, we created a set of maps that plot correlation coefficients 

between the regional summer precipitation time series and the time series of summer 

precipitation at each grid point (Figure 5). Generally, we find significant positive 

correlations across each region. Aside from this result, one interesting pattern we observe 

is three prominent zones of correlation across the ICM region instead of one continuous 
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region of positive correlation coefficients. These zones include one area over northern 

India, an area from the northern Bay of Bengal extending north into Tibet, and a band 

across the Korean Peninsula and Yellow Sea. Correlation maps also show a dipole pattern 

between the Arabian Sea and western North Pacific that was already indicated by the 

negative correlation between the summer precipitation time series for these regions. 

 b. Subregions of the Asian monsoon 

 The ICM, ASM, SEAM, WNPM, and EAM regions comprise a region similar to 

Wang and LinHo’s (2002) Asian monsoon region (Figure 6), which they defined as the 

area with an annual rainfall range greater than 5 mm day-1 and more than 55% of the 

annual rainfall arriving between May and September. Since our regions are not based on 

the magnitude of seasonal precipitation, one key difference is that our Asian monsoon 

region also contains the Tibetan Plateau and more of northern China. Although these are 

arid, continental regions, they are defined by monsoonal precipitation today, and likely 

even more so in the past, when higher Northern Hemisphere summer insolation 

strengthened the Asian monsoon (Winkler and Wang 1993; Liu et al. 1998; Liu and Ding 

1998). Wang and LinHo (2002) also defined three subsystems of the Asian monsoon: the 

Indian summer monsoon (ISM), western North Pacific summer monsoon (WNPSM), and 

the East Asian summer monsoon (EASM), based on both seasonal wind reversals and 

onset, peak and withdrawal dates (Figure 6). Similarly, the regions within our Asian 

monsoon domain have different onset, peak and withdrawal characteristics.  Summer 

precipitation begins in June, peaks in July, and lasts through September in the ICM 
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region. In the SEAM region, summer precipitation begins more abruptly in May, with 

similar precipitation rates in June, July, August, and September. Withdrawal occurs in 

October. Summer precipitation also begins abruptly in May in the ASM region, but peaks 

in June, and lasts only through July.  The EAM region has a gradual onset of summer 

precipitation, with a peak in June, decline in July, and a slight increase again in August. 

Precipitation begins in May, peaks in August, and declines gradually through the autumn 

months in the WNPM region. The WNPM region receives more precipitation in August 

than any other month relative to the other precipitation regions. 

  We compare our Asian monsoon subregions to the subsystems of Wang and 

LinHo (2002) in Figure 6.  Unlike the previous division of monsoon subsystems, our 

EOF-based regionalization does not reveal one coherent ISM region. Instead, the ASM, 

which contains southern India and the Arabian Sea, is separated from northern India (part 

of the ICM region), and the Bay of Bengal (part of the SEAM region). Spectral analyses 

of regional precipitation time series show a peak at 30 months in the ICM and SEAM 

regions (Supplemental Figure 4) suggestive of the quasi-biennial variability in the ISM. 

Similar 30-month variance is also observed in the Indian monsoon index (IMI) of Wang 

et al. (2001).  However, there is no significant power at 30 months in the ASM region. 

Our WNPM region clearly comprises the WNPSM region. Peak summer rainfall occurs 

in August, the same time as peak rainfall in the WNPSM region (Wang and LinHo 2002).  

Precipitation in our WNPM region has significant power in the 40-70 month band, 

similar to the 50-month periodicity that is also observed in the WNPSM Index (Wang et 

al. 2001; Wang and LinHo 2002). Our EAM region spatially resembles the EASM 
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region, although it does not reach as far north to include the Korean Peninsula and East 

China Sea, likely due to southward shift of the EASM rainbelt during the last few 

decades (Zhou et al. 2009). The rainfall peak in June, decline in July, and increase in 

August in the EAM region defines the monthly precipitation climatology of the EASM 

region (Wang and LinHo 2002; Ho et al. 2003). The decline in July is likely due to a 

stationary period in between northward jumps in the EASM frontal zone (Kripalani et al. 

2007b). The SEAM region contains much of the ‘transition zone,’ or ‘corridor’ region 

between the ISM and WNPSM (Figure 5).   

 Correlations between our regional time series of summer precipitation with 

several published Asian monsoon indices also reveals what regions are responding to 

different monsoon subsystems (Tables 5, 6).  Given that our ICM, ASM, and SEAM 

regions fall into the broad ISM region, it is not surprising that these three regions have 

the highest correlations with the all India rainfall index (AIRI) and Indian monsoon index 

(IMI) (Parthasarathy et al. 1994; Wang et al. 2001).  Although south-central Asia does 

not have a strong summer monsoon signature, what little summertime moisture it 

receives is also correlated with these ISM indices. The ICM, ASM, and SEAM regions 

are also positively correlated with the monsoon Hadley index (MHI) (Goswami et al. 

1999), which is centered over Southeast Asia and India.  The ASM and WNPM regions 

are significantly correlated with the Webster-Yang index (WYI), western North Pacific 

monsoon Index (WNPMI), and two East Asian monsoon indices (EAMI) (Webster and 

Yang 1992; Wang et al. 2001; Li and Zeng 2002; Wang et al. 2008). Summer 

precipitation in the ASM region is inversely correlated with these indices, whereas the 



 

 

49 

WNPM region has a positive correlation with the indices. Thus, again we observe that 

strong monsoon seasons in the WNP region are coincident with weaker monsoon seasons 

in the Arabian Sea. Our EAM region geographically resembles the EASM region, but is 

not significantly correlated with either EASM index. This may be because our EASM 

region is smaller than that of Wang et al. (2001), and does not include as much of 

northeastern China and the Korean Peninsula.  Or, the EASM indices we selected may 

not be appropriate, since they are not located directly over the area. The eastern 

equatorial Indian Ocean is wet year-round, with little precipitation seasonality, but JJAS 

precipitation here is also negatively correlated with the WNPMI. Thus strong monsoon 

seasons in the WNP are also coincident with drier summer conditions in the equatorial 

Indian Ocean. The western equatorial Pacific, central Asia, and Arabian Peninsula 

regions are not significantly correlated with any of the Asian monsoon indices. This is 

not a surprising result since none of these regions presently have a monsoonal 

precipitation regime. 

 

c. Regional precipitation and local SST variability 

 Local SST variability in the Indian Ocean and western Pacific Ocean can 

influence the hydrological cycle across the Asian monsoon region, causing changes in 

evaporation, precipitation, and circulation (Yang and Lau 2006). In the Indian Ocean, 

warm fall and winter SST is linked to stronger ISM precipitation and contributes to the 

biennial nature of the ISM (Meehl 1997; Clark et al. 2000). The  Indian Ocean Dipole 
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(IOD) mode also drives interannual changes in SST and precipitation across the Indian 

Ocean Basin (Saji et al. 1999; Ashok et al. 2004). Although a strong empirical 

relationship has been demonstrated between local SST and ISM variability, the 

mechanisms linking the two remain unclear, particularly in the Indian Ocean (Webster 

2006).  In the western Pacific, local SST variability exerts an influence on precipitation in 

the EASM and WNPSM domains. Cooler SST in the WNP, together with anomalous 

anticyclonic circulation, typically leads to enhanced EASM precipitation and decreased 

WNPSM precipitation (Wang et al. 2000; Lau and Nath 2003).  

 To explore the relationship between SST and summer precipitation in each of our 

defined monsoon regions from Figure 6 (we also include south-central Asia, since it is 

significantly correlated with ISM indices), we created a set of maps depicting the 

correlation coefficients between regional summer precipitation and SST (Figure 7).  

There are strong correlations between local SST and summer precipitation in several 

regions. More summer precipitation in the large ICM region occurs with higher SST in 

the Bay of Bengal, South China Sea, and Philippine Sea. Although warmer SST leads to 

increased evaporation and atmospheric moisture, this is a surprising result since 

correlation of AIRI values and SST indicates no concurrent relationship between Indian 

Ocean SST and ISM rainfall (Clark et al. 2000; Bollasima and Nigam 2009). Summer 

ASM precipitation is also positively correlated with SST in the Arabian Sea, Bay of 

Bengal, and SCS. In the EAM region, summer precipitation is negatively correlated with 

SST in the Arabian Sea, Bay of Bengal, and southern Indian Ocean, suggesting that 

cooler SST in these areas is coincident with enhanced EAM precipitation. In the WNPM 
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region, summer precipitation is positively correlated with SST in the Arabian Sea, and 

negatively correlated with SST off the coast of northern China and Japan. However, there 

is no correlation between WNP SST and WNP precipitation. 

 Previous studies have demonstrated a strong relationship between winter SST in 

the Indian Ocean and the strength of the subsequent ISM (Clark et al. 2000). We also find 

that correlation coefficients between winter (DJFM) SST and summer precipitation are 

positive for the ICM region, indicating warmer SST the winter prior to enhanced summer 

precipitation, and vice versa (Figure 8). Wintertime WNP SST also appears to be related 

to summertime precipitation variability in East Asia. In south-central Asia, winter SST in 

the WNP is cooler prior to wetter summers. Wetter summers in EAM region occur after 

winters with warmer SST in the WNP.  SST in the Southern Indian Ocean (SIO) also 

appears to influence summer precipitation variability. SIO SST is warmer the winter prior 

to wetter summers in the ASM region, and cooler prior to wetter summers in the EAM 

region. The relationship between SIO wintertime SST and precipitation in the ASM 

region holds paleoclimatic significance, as Clemens et al. (2003) have hypothesized that 

during the early Holocene, warm SIO SST was required, along with warmer Northern 

Hemisphere summer temperatures, to increase latent heat flux to the Northern 

Hemisphere and enhance ISM circulation. Based on our analysis, increased monsoon 

rainfall in the Arabian Sea is linked to warmer SIO SST.  
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d. Regional precipitation and remote SST variability 

 ENSO prominently influences SST in the Indian and western tropical Pacific 

Oceans, and drives interannual variability in ISM and EASM precipitation (Webster and 

Yang 1992; Webster et al. 1998; Lau and Nath 2003; Lau and Nath 2006). However, 

interannual ENSO forcing is not coherent across all subsystems of the Asian monsoon 

(Wang et al. 2000). The ISM is weak as an El Niño develops, but the WNPSM is weak 

after an El Niño event matures, whereas Meiyu precipitation is enhanced following El 

Niño events (Wang et al. 2000; Wang et al. 2001).  Furthermore, the relationship between 

the ISM and ENSO varies on interdecadal timescales and has weakened during the last 

few decades (Kumar et al. 1999). Since the CMAP dataset begins in 1979, we are limited 

to analyzing a period with a weak ISM-ENSO relationship, and do not observe strong 

correlation coefficients between precipitation in ISM-influenced regions and tropical 

Pacific SST (Figure 7, 8).  However, Figure 7 suggests that increased summer 

precipitation in the EAM region coincides with cool SST anomalies in the eastern and 

central tropical Pacific the winter before the summer monsoon, as well as during the 

monsoon season. Of the seven (upper quartile) summers with the most summer 

precipitation in the EAM region (2008, 1997, 2000, 1998, 2002, 2001, 1999), only two 

are El Niño years, and 1998-2002 encompasses a large La Niña event. Summer 

precipitation in the ASM region is positively correlated with winter SST in the central 

and eastern tropical Pacific (Figure 8). ENSO is a likely link between the SIO, Arabian 

Sea precipitation, and the dipole relationship between ASM precipitation and WNPM 

precipitation. El Niño events drive warmer wintertime SST in the southwest Indian 
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Ocean, which we observe leads to wetter summers in the Arabian Sea (Annamalai et al. 

2005). Warmer Indian Ocean SST also induces an anomalous anticyclonic circulation 

anomaly in the Philippine Sea leading to reduced WNP precipitation (Lau and Nath 2000; 

Annamalai et al. 2005, Du et al. 2011).  

 Instrumental observations and climate model simulations suggest that climate in 

the North Atlantic also influences Asian monsoon precipitation on interdecadal 

timescales, with colder North Atlantic SST causing weaker precipitation in the ISM and 

EASM regions (Goswami et al. 2006; Zhang and Delworth 2006; Feng and Hu 2008). 

This relationship has also been observed on longer timescales (e.g., Gupta et al. 2003; 

Wang et al. 2005). The atmospheric link between these two regions may lie in changes in 

the meridional tropospheric temperature gradient in the Asian monsoon region. With 

warmer North Atlantic SST, tropospheric temperature increases in the Northern 

Hemisphere. This enhances the meridional temperature gradient between the Southern 

and Northern Hemispheres, leading to enhanced monsoonal circulation, ISM rainfall and 

a longer ISM season (Goswami et al. 2006). Alternately, Feng and Hu (2008) propose 

that it is warming of the troposphere over the Tibetan Plateau during periods of warmer 

North Atlantic SST that enhances the ISM, something that may have occurred on longer 

timescales as well (Overpeck et al. 1996). Or, warmer North Atlantic SST may cause a 

northward shift of the ITCZ, increasing convergence over the ISM region (Zhang and 

Delworth 2006). We find that interannual-scale summer precipitation variability in the 

ICM region is highly correlated with JJAS SST in the North Atlantic Ocean, supporting 

the link between North Atlantic climate and Asian monsoon variability. There is no 
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relationship between North Atlantic SST and summer precipitation for the four other 

monsoon subregions.  However, the short length (31 years) of our time series limits 

discussion of the relationship between lower frequency changes in monsoon precipitation 

and North Atlantic variability.  

e. Regional precipitation and atmospheric variability 

 Sea level pressure (SLP) and 850 mb winds are useful representations of monsoon 

circulation strength near the surface (Lau and Nath 2000). During the monsoon season, 

SLP is typically low across much of the monsoon region, indicating enhanced moisture 

convergence. Strong southwesterly monsoon winds characterize the Arabian Sea, 

transporting moisture into India, while southwesterly flow in the Bay of Bengal and 

South China Sea, coupled with southeasterly flow in the WNP, transports moisture north 

into China. To assess atmospheric variability associated with anomalously wet and dry 

summers in each monsoon region, we created a set of composite maps of average SLP 

and 850 mb wind anomalies for the seven wettest (top quartile) and seven driest (bottom 

quartile) summers, discussed in the subsequent paragraphs (Figures 9 and 10). 

 During wet summers in ICM region, SLP is lower over the Arabian Peninsula 

compared to the long-term summer mean. There is also a high SLP anomaly over the 

Tibetan Plateau and the Philippine Sea, accompanied by anticyclonic flow. This 

Philippine Sea SLP anomaly pattern is reversed during dry years. Wang et al. (2000) and 

Lau and Nath (2003) observed a similar feature when looking at the atmospheric impact 

of ENSO in the Asian monsoon region, dubbed the Philippine Sea Anticyclone (PSAC). 
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Warm SST anomalies during El Niño events produce Gill-type atmospheric Rossby 

waves, which, through local air-sea interactions, lead to the development of an 

anomalous anticyclone and high SLP over the Philippine Sea. The PSAC typically 

develops in the fall and winter months and persists into the summer months. However, 

we did not observe a relationship between ICM precipitation and tropical Pacific SST. 

SST variability in the southwestern Indian Ocean may also contribute to the development 

of the PSAC, linking Arabian Sea precipitation, which is highly correlated with 

southwestern Indian Ocean SST, and WNP precipitation (Annamalai et al. 2005). 

Southwesterly monsoon winds on the western edge of the Arabian Sea are stronger 

during wet ICM summers, and the PSAC leads to more onshore winds into the southern 

part of the ICM region, indicating that increased summer precipitation in this region is 

due to an increase in moisture flux from both the Pacific and Indian Oceans. 

 The SEAM region experiences anomalous onshore easterly winds in wet 

summers, resulting from a PSAC-type anomaly northeast of the region. As winds are 

typically southwesterly here in the summer months, this composite map suggests that 

summers with increased precipitation may be due to increased moisture flux from the 

WNP, rather than the Bay of Bengal. Dry SEAM summers are accompanied by 

anomalously low SLP just north of the typical PSAC region, as well as anomalously high 

SLP in the Arabian Sea. In the ASM region and south-central Asia, low SLP anomalies 

occur over the Arabian Sea during wet summers.  Southeasterly flow along the northern 

edge of this SLP anomaly likely transports more Bay of Bengal moisture to south-central 

Asia during wet summers. The southwesterly monsoon winds in the Arabian Sea are 



 

 

56 

actually weaker during wet summers in the ASM region. The PSAC is also present 

during wet summers the ASM region, leading to the observed dipole between summer 

precipitation in the Arabian Sea and WNP. This pattern is reversed during dry ASM 

summers. 

 In the EAM region, anomalously low SLP and southeasterly flow transports more 

tropical moisture from the WNP northward, and eventually landward, during wet 

summers. SLP is also anomalously low over the Arabian Peninsula and south-central 

Asia in years with increased summer precipitation, and vice versa. During dry EAM 

summers, there is anomalous offshore flow at ~32°N, which likely reduces moisture flux 

into the region. The WNPM region experiences low SLP during wet summers. These low 

SLP anomalies also extend over much of the Asian continent from 60° to 120°E. 

However, there are no apparent SLP anomalies or strong changes in winds during dry 

WNPM summers. Yet, SLP is higher over the Arabian Sea, which again fits with our 

observation of decreased Arabian Sea precipitation coinciding with enhanced WNP 

precipitation.  

f. Paleomonsoon records and EOF-defined regions 

 Numerous paleoclimate records suggest past changes in monsoon variability 

within our Asian monsoon subregions. However, many of these records fall outside the 

previously published boundary of Asian monsoon influence, such as records from the 

arid Tibetan Plateau. Furthermore, not all monsoon paleorecords show coherent 

precipitation variability during the Holocene, which complicates understanding of past 
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monsoon dynamics. Our analysis suggests that some of the discrepancies between Asian 

monsoon paleorecords may be due to their location in regions that experience different 

precipitation regimes, and other studies have also noted regional differences in Asian 

monsoon paleorecords. Comparing monsoon paleorecords from across the traditional 

ISM region, Staubwasser (2006) defined three regions with distinctive precipitation 

variability during the Holocene: the Ganges-Brahmaputra catchment, extending south to 

the Bay of Bengal, experienced peak rainfall during the early to mid-Holocene and 

subsequent weakening through the late Holocene. The northwestern Indus catchment 

does not show such a trend, whereas the Western Ghats, in southwestern India, show an 

increasing precipitation trend in the late Holocene. Interestingly, these three regions also 

reflect our EOF-based precipitation boundaries: the Ganges-Brahmaputra catchment is 

part of the ICM region, the Indus catchment falls into our south-central Asia region, and 

the Western Ghats are located in the ASM region. During the 31 years of CMAP data, 

summer precipitation across these regions does not covary strongly. A similar lack of 

coherency on millennial timescales suggests that our regionalization scheme may be 

relevant at longer timescales. 

 Other studies have noted regional differences in the timing of maximum monsoon 

moisture across China (An et al. 2000; He et al. 2004). Peak Holocene monsoon strength 

inferred from numerous paleoclimate reconstructions divide China into three zones: in 

northern and western China, precipitation peaked from 10-7 ka. In southeastern China, 

peak precipitation occurred between 6-3 ka, and in southwestern China, peak 

precipitation was earlier, around 11 ka  (An et al. 2000). The timing of peak Holocene 
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summer monsoon strength is hypothesized to have occurred progressively later in more 

southern locations, reflecting an equatorward shift in the EASM front due to the decline 

in maximum NH summer insolation (An et al. 2000). An earlier peak in southwestern 

China is attributed to this region responding more to the ISM than the EASM (An et al., 

2000). However, the temporal boundaries of maximum monsoon moisture inferred from 

paleorecords also coincide with our regional boundaries. Across the Tibetan Plateau and 

northern China (within the ICM region), peak monsoon moisture occurred between 10 

and 5 ka, similar to the timing of peak monsoon moisture in the Ganges-Brahmaputra 

catchment, also part of the ICM region (Wei and Gasse 1999; An et al. 2000; 

Staubwasser 2006; Mügler et al. 2010). Monsoon paleorecords from within our defined 

EAM domain indicate peak monsoon moisture occurred between 3 and 6 ka, whereas 

paleorecords from southwestern China (part of the SEAM region) show peak monsoon 

moisture at 11 ka (An et al. 2000). Thus, despite some geochronological uncertainty, 

these different regional timings of maximum monsoon moisture may be another climatic 

characteristic reflecting the presence of unique precipitation regimes across the Asian 

monsoon region. 

 Many of the longest, best-dated paleorecords of past monsoon variability come 

from speleothem-derived oxygen isotopes (Wang et al. 2001; Wang et al. 2005; Dykoski 

et al. 2005; Cosford et al. 2008; Fleitmann et al. 2007; Wang et al. 2008). Although some 

of these caves are thousands of kilometers apart, millennial scale changes within their 

inferred monsoon paleorecords often show similar variability, including abrupt shifts 

coherent with North Atlantic climate events, peak Asian monsoon strength in the early 
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Holocene, and a gradual decline in inferred monsoon strength in the mid-Holocene. Many 

of these speleothem records are found in the ICM region. Although we would expect 

precipitation paleorecords from across this region to be coherent, the similarity between 

records from Central China, the EASM region of China, and Oman is challenging to 

interpret since our modern precipitation analysis suggests that summer precipitation does 

not covary in these regions. 

 Recent observational analyses of stable water isotope values, precipitation, and 

temperature suggest that speleothem isotope records may reflect the influence of factors 

other than changes in summer precipitation amount, such as changing seasonality and 

moisture trajectories (Dayem et al. 2010).  A new simulation from an isotope-embedded 

GCM suggests that the observed temporal similarity between speleothem records across 

the Asian monsoon region may be due to changes in water vapor transport rather than 

precipitation amount (LeGrande and Schmidt 2009). This hypothesis may explain why 

speleothems indicate a gradual decline precipitation during the Holocene, but other 

monsoon records, such as those derived from lake and marine sediments, (which likely 

recorded precipitation amount) indicate more abrupt shifts and less coherence on 

millennial timescales (Overpeck and Cole 2006). However, the extrapolation of our 

defined regions to longer timescales is fraught with uncertainty due to the short length of 

the precipitation dataset used in this study. Future EOF-based regionalization analyses on 

paleoprecipitation records and model simulations will provide more insight into the 

stability of these regional precipitation regimes on longer timescales. 
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 g. Tibetan Plateau precipitation regionalization 

 Many paleoclimate records of inferred Asian monsoon variability come from 

Tibetan lake sediments, ice cores, and tree-rings (Gasse et al. 1991; Gasse et al. 1996; 

Thompson et al. 1997; Liu et al. 1998; Thompson et al. 2000; Brauning and Mantwill 

2004; Morrill et al. 2006; Shen et al. 2008; Mischke et al. 2008; Wang et al. 2008; Tang 

et al. 2009).  Although the Tibetan Plateau receives most of its precipitation in the 

summer months, it is now extremely arid relative to other monsoonal regions, and is not 

included within the boundary of Asian monsoon influence defined by the instrumental 

record (Wang and LinHo 2002). Yet, paleoclimate references often draw the boundary of 

Asian monsoon influence somewhere over the Tibetan Plateau (Winkler and Wang 1993; 

Herzschuh 2006; Morrill 2006), but this boundary is often qualitative. The most 

quantitative work to date on the maximum extent of monsoon influence in Tibet is based 

on stable isotopes of precipitation from a handful of short station records. These records 

indicate the monsoonal moisture boundary lies at ~35°N (Tian et al. 2001).  In our 

analysis, Tibet is part of the ICM region, an area that extends much farther north and west 

than previously defined monsoon boundaries. This would imply that the numerous 

inferred precipitation paleorecords from the plateau, including those north of 35°N, 

should reflect summer monsoon variability.  Furthermore, based on our regionalization, 

interpretations of past increases in summer moisture in Tibet should be interpreted as 

increases in the amount of monsoonal precipitation, rather than a northward shift in the 

monsoon boundary. Interestingly, and in contrast, the monsoon domain may have shifted 



 

 

61 

onto the Arabian Peninsula earlier in the Holocene, and exited in the second half of the 

Holocene until present (Overpeck et al. 1996; Fleitmann et al. 2007). 

 However, the ICM region comprises the largest area in our regionalization 

scheme, and there is almost certainly strong regional precipitation variability within its 

boundaries. Given this fact, and our desire to define the northwestern limit of monsoon 

moisture more quantitatively over the Tibetan Plateau, we performed an EOF-based 

regionalization of the 98 CMAP precipitation grid points from 28-44°N, 75-105°E 

(Figure 11). This area extends slightly beyond the boundaries of the Tibetan Plateau, and 

is mostly contained in the ICM region. Based on the same significance tests used in the 

original regionalization, we decided to retain and rotate three eigenvectors, explaining 

95.6% of the total variance.  

 The three resulting EOFs divide the plateau into three sectors: the southeast (EOF 

1-SE), northwest (EOF 2-NW), and southwest (EOF 3-SW). The SE and SW regions fall 

into the ICM region, and the NW straddles central Asia and the ICM region (Figure 11). 

Summed, summer precipitation (JJAS) in the SE and SW is positively correlated with 

summer ICM precipitation, and summer precipitation in the NW is positively correlated 

with summer precipitation in central Asia (Table 3). All the Tibetan regions have most of 

their precipitation in the summer months, with precipitation peaking in July, explaining 

their inclusion in the ICM region. However, the NW region is much drier. The latitudinal 

boundary between the NW and SE/SW regions lies at ~36°N, very close to the stable 

isotope monsoon boundary described by Tian et al. (2001).  The summer peak in 
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precipitation in the NW region still suggests a monsoonal climate compared to central 

Asia, which has peak precipitation in the winter and spring months. However, the 

northwestern Tibetan Plateau may have a different precipitation source (e.g., continental 

water recycling), although it has similar precipitation seasonality as regions further south 

(Tian et al. 2001). 

  Correlations between summer precipitation in each Tibet region and the monsoon 

indices indicate that only the SW region of Tibet has a relationship with the ISM, 

whereas the SE region has a significant negative correlation with the WNPSM (Table 5).  

The negative correlation between the SE Tibetan Plateau precipitation and the WNPSMI 

implies that a stronger WNPSM is coincident with reduced summer precipitation further 

north, similar to the conclusions of Wang et al. (2008), who note that a strong WNPSM 

coincides with a weaker EASM. Thus, precipitation paleorecords from the SW region of 

the plateau may not be responding to the same monsoon subsystem as precipitation 

paleorecords from the SE region of the plateau.  

6. Conclusions 

 Precipitation across the Asian monsoon region is far from homogenous. We have 

identified ten regions of unique precipitation variability within this area. Five of these 

regions comprise the Asian monsoon domain that extends from the Arabian Sea to the 

Western North Pacific, similar to the boundary defined by Wang and LinHo (2002). 

However, since our analysis is not based on the magnitude of precipitation, there are 
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some key differences, notably the inclusion of the Tibetan Plateau, northern China, and 

even southern Mongolia in the Asian monsoon domain.  

 Our Asian monsoon subdomains are also similar to those defined by Wang and 

LinHo (2002) and represent the WNPSM, the EASM, and a Southeast Asian ‘corridor’ 

region between the major monsoon subsystems. However, the traditional ISM region is 

segmented, as the Arabian Sea has distinctive precipitation variability relative to much of 

India and China. Mean summer wind direction and plots of composite wind anomalies 

suggest that our ICM region is a hybrid region, influenced by moisture from both the 

Indian and Pacific Oceans. The limited summer precipitation in south-central Asia is 

correlated with the ISM, although the region does not have a monsoonal climate. 

Decomposing gridded precipitation on the Tibetan Plateau into three regions indicates 

that only the SW of the plateau responds to the ISM, whereas the SE has an inverse 

relationship with the WNPSM. Some of our regions do have coherent summer 

precipitation. More notable is the dipole between summer precipitation in the Arabian 

Sea and WNP. The mechanism responsible for this dipole likely involves ENSO, which 

modulates precipitation in these two regions through warming of southwest Indian Ocean 

SST and the development of the PSAC (Annamalai et al. 2005).  

 Precipitation variability in each region is closely related to atmospheric and 

oceanic variability. Local SST influences precipitation in all our monsoon regions, and 

more remote ENSO variability in the tropical Pacific appears to impact precipitation in 

several regions, particularly through the development of the PSAC. It is also clear that 
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not every region responds similarly to ENSO forcing, Thus, on shorter (i.e., interannual) 

timescales, precipitation paleorecords in different monsoon subsystems may not covary 

due to different responses to internal forcing (Wang et al., 2003). Our analysis suggests 

that potential summer precipitation paleorecords from the western equatorial Pacific, 

eastern equatorial Indian Ocean, central Asia, and Arabian Peninsula should not be 

immediately interpreted as indicators for Asian monsoon strength without calibration 

with the instrumental record, as these regions are currently not defined by a monsoonal 

climatology. However, as seen by the maps of precipitation correlations, boundaries of 

our regions are not rigid, and some paleoclimate records located on, or beyond these 

boundaries could respond to monsoon precipitation. One caveat of this analysis is that 

this regionalization is based on only three decades of data, and may change with 

additional data and with different timescales, forcing factors and background conditions.  

For example, when the Asian monsoon was stronger in the early Holocene, regions of 

coherent precipitation variability could have extended even further west, or differed in 

other ways. Future investigations could employ a similar regionalization scheme on 

model simulations at different times in the past, or on spatial field reconstructions of past 

hydrologic variability, such at the Monsoon Asia Drought Atlas (Cook et al. 2010).  

 With future increases in greenhouse gas concentrations, the amount, location, and 

timing of Asian monsoon precipitation may also change in regionally distinct ways, 

although it is still unclear whether monsoon precipitation across Asia will increase or 

decrease due to differing model projections and biases (Meehl and Arblaster 2003; Meehl 

et al. 2007; Annamalai et al. 2007; Kripalani et al. 2007; Ashfaq et al. 2009). Future 



 

 

65 

precipitation changes across the Asian monsoon domain may also lead to different 

monsoon subdomains. Treyde et al. (2006) has already observed a coherent trend of 

increasing precipitation in the last 100 years across the ISM region, EASM region, and 

Pakistan, suggesting that the greenhouse gas-induced intensification of the hydrologic 

cycle may force some of our defined regions of distinct precipitation variability to behave 

more coherently in the future. 
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Number 
on Map 

Lat 
(°N) 

Lon 
(°E) Proxy Archive Site Select References 

1 10.5 51.6 ocean sediment  NW Arabian Sea Zonneveld et al. 1997 
2 12.6 52.7 speleothem Dimarshim Cave Fleitmann et al. 2007 
3 17.1 54.1 speleothem Defore Cave, Qunf Cave Fleitmann et al. 2007 
4 14.3 57.3 ocean sediment  NW Arabian Sea Sirocko et al. 1993 
5 23.1 57.4 speleothem Hoti Cave Fleitmann et al. 2007 
6 18.0 58.0 ocean sediment  NW Arabian Sea Anderson et al. 2002; Gupta et al. 2003 
7 24.4 59.0 ocean sediment  Gulf of Oman Cullen et al. 2000 
8 16.6 59.9 ocean sediment  Owen Ridge Clemens et al. 2003 
9 24.9 65.9 ocean sediment  N Arabian Sea  Luckge et al. 2001 
10 23.0 66.5 ocean sediment  N Arabian Sea  Staubwasser et al. 2003 
11 21.8 68.0 ocean sediment  E Arabian Sea Agnihotri 2002 
12 20.0 70.0 ocean sediment  SE Arabian Sea  Sarkar et al. 2000 
13 13.3 71.0 ocean sediment  SE Arabian Sea Prabhu et al. 2004 
14 15.0 71.7 ocean sediment  SE Arabian Sea Prabhu et al. 2004 
15 15.5 72.6 ocean sediment  SE Arabian Sea VanCampo 1986 
16 14.8 74.0 ocean sediment  SE Arabian Sea Caratini et al. 1994 
17 27.0 74.0 lake sediment  NW Indian Lakes Roy et al. 2006; Prasad and Enzel 2006 
18 34.0 74.0 tree-ring records Karakoram Treydte et al. 2006 
19 13.0 75.0 speleothem Akalagavi Cave Yadava and Ramesh 2006 
20 10.5 75.2 ocean sediment  SE Arabian Sea VanCampo 1986 
21 14.2 76.4 lake sediment  Indian Tank Shankar et al. 2006 
22 33.7 79.2 lake sediment  Bangong Co Gasse et al. 1996 

23 34.5 80.4 lake sediment  
Sumxi Co and Longmu 
Co Gasse et al. 1991 

24 25.0 81.0 speleothem Sota Cave Yadava and Ramesh 2006 
25 35.3 81.5 ice core Guliya Thompson et al. 1997 
26 19.0 82.0 speleothem Dandak Cave Sinha et al 2007 
27 28.0 84.1 speleothem Siddha Baba Cave Denniston et al. 2000 
28 31.4 84.1 lake sediment  Zabuye Lake Wang et al. 2002 
29 28.4 85.7 ice core Dasuopu Thompson et al. 2000 
30 28.0 87.0 ice core Mt Everest  Kaspari et al. 2007 
31 42.0 87.0 lake sediment  Bosten Lake Wünnimann et al. 2006 
32 31.8 89.0 lake sediment  Siling Co Morinaga et al. 1993 
33 20.0 90.0 ocean sediment  Bay of Bengal  Kudrass et al. 2001 
34 5.2 90.1 ocean sediment  Bay of Bengal Ahmad et al. 2008 
35 30.7 90.4 lake sediment  Nam Co Mügler et al. 2010 

 

 
Table A-1: List of paleoclimate records influenced by the Asian monsoon, plotted in Figure 1.  
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Number 
on Map 

Lat 
(°N) 

Lon 
(°E) Proxy Archive Site Select References 

36 31.4 91.5 lake sediment  Co Ngion Shen et al. 2008; Tang et al. 2009 
37 31.6 92.1 lake sediment  Ahung Co Morrill et al. 2006; Tang et al. 2009 
38 38.9 93.9 lake sediment  Sugan Lake Holmes et al. 2007 
39 31.0 94.5 tree-ring records NE Tibet  Wang et al. 2008 
40 12.5 96.0 ocean sediment  Andaman Sea Rashid et al. 2007 
41 38.1 96.4 ice core Dunde Liu et al. 1998 
42 30.5 97.0 tree-ring records S Tibet  Brauning and Mantwell 2004 
43 34.0 97.2 lake sediment  Lake Koucha Miscke et al. 2008 
44 19.5 98.0 tree-ring records Thailand Buckley et al., 2007 
45 0.0 98.5 coral Mentawai Islands Abram et al. 2007 
46 37.0 98.7 tree-ring records NE Tibet  Huang and Zhang 2007 
47 30.3 99.6 lake sediment  Yidun Lake Shen et al. 2008 
48 36.9 100.3 lake sediment  Lake Qinghai Colman et al. 2007 
49 24.2 103.4 speleothem Xiaobailong Cave Cai et al., 2006 

50 36.0 105.0 loess 
many sections w/in 
box 

Liu and Ding 1998; Herzschuh 
2006; 

51 33.3 105.0 speleothem Wangxiang Cave Zhang et al. 2008 
52 13.7 107.0 lake sediment  Ratanakiri Province Maxwell 2001 
53 25.3 108.1 speleothem Dongge Cave Yuan et al. 2004; Wang et al. 2005;  
     Dykoski et al. 2005 
54 29.5 109.6 speleothem Lianhua Cave Cosford et al. 2008 
55 30.5 110.3 speleothem Heshang Cave Hu et al. 2008 
56 31.7 110.4 speleothem Sanbao Cave Wang et al. 2008 
57 19.3 110.7 coral South China Sea Sun et al. 2005 
58 40.5 112.6 lake sediment  Daihai Lake Xiao et al. 2006 
59 41.3 114.3 lake sediment  Anguli-nuur Lake Wang et al. 2010 
60 15.0 115.0 ocean sediment  South China Sea Wang et al. 1999 
61 32.5 119.2 speleothem Hulu Cave Wang et al. 2001 
62 12.7 119.5 ocean sediment  Sulu Sea Wei et al. 2003 
63 22.2 120.8 lake sediment  Dongyuan Lake Lee et al. 2010 
64 33.3 126.6 lake sediment  Hanon paleo-maar Lee et al. 2008 
65 35.3 136.0 lake sediment  Lake Biwa Ishiwatari et al. 2009 

 
 
 
 
 
 
 
 
 
 

 
Table A-1, continued. 
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Eigenvalue 
CMAP 

unrotated 
CMAP 
rotated 

GPCP 
unrotated 

GPCP 
rotated

TRMM 
unrotated  

TRMM 
rotated

1 38.88 33.42 39.04 36.80 35.54 29.34
2 10.35 18.18 10.73 20.08 9.87 8.89
3 6.16 11.15 6.30 7.40 4.78 7.11
4 3.63 4.53 3.75 4.24 3.68 4.03
5 3.01 5.46 3.17 8.69 3.26 5.92
6 2.29 6.17 2.33 5.03 2.18 16.43
7 2.26 3.48 2.13 2.93 2.05 10.32
8 1.79 5.57 1.93 7.78 1.89 9.40
9 1.72 12.04 1.48 7.04 1.69 8.57

Table A-2:  Percent variance explained by the first nine unrotated and rotated eigenvalues 
of the CMAP, GPCP, and TRMM precipitation datasets. 
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CMAP Region Name Acronym  
1 India-China monsoon ICM 
2a Southeast Asian monsoon SEAM 
2b south-central Asia SCA 
3 Arabian Sea monsoon ASM 
4 western equatorial Pacifc WEP 
5 East Asian monsoon EAM 
6 eastern equatorial Indian Ocean EEIO 
7 Arabian Peninsula AP 
8 central Asia CA 
9 western North Pacific monsoon WNPM 

 
Table A-3: Names given to the ten CMAP regions defined by EOF analysis. 
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Table A-5:  List of Asian monsoon indices used in this analysis. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

Index Name 
 
 
 

Variable Reference 

All Indian Rainfall Index 
(AIRI) 

JJAS summed rainfall over the Indian subcontinent Parthasarathy et al. 
(1995) 

Webster-Yang Index (WYI) Mean JJAS zonal wind shear between 850 and 
200mb for 0-20°N 40-110°E.  

Webster and Yang 
(1992) 

Indian Monsoon Index (IMI) Mean JJAS zonal wind difference at 850mb between 
5-15°N 40-80°E, and 20°N-30°N 70-90°E 

B. Wang et al. (2001) 

Monsoon Hadley Index 
(MHI) 

Mean JJAS meridional wind shear between 850 and 
200mb for 10-30°N, 70-110°E 

Goswami et al. (1999) 

Western North Pacific 
Monsoon Index (WNPMI) 

Mean JJAS zonal wind difference at 850mb between 
5-15°N 100-130°E and 20-30°N 110-140°E.  

B. Wang et al. (2001) 
 

EASM-SLP Mean JJAS SLP [110°E, 10-50°N]-[160°E, 10-
50°N] 

Zhou et al., (2009) 

EASM-v850 Mean JJAS 850 mb meridional wind [20-45°N, 110-
120°E] 

Zhou et al. (2009); 
Wang (2001) 
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Figure A-1: Mean summer (JJAS) CMAP precipitation (mm/day), 1979-2009, and 
locations of select paleoclimatic records that infer Asian monsoon variability. Box 
encompasses region of numerous loess records (#50 in Table 1). 
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Figure A-2a-c: Regions delimited by maximum loading values for the a) CMAP, b) GPCP, 
and c) TRMM datasets. 
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Figure A-3: Time series of precipitation averaged over each region (mm day-1), and associated 
principal components. Dashed lines are regional precipitation averages, solid lines are 
principal components. Correlation coefficients between PCs and averages are in the upper 
right corner of each plot.  
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Figure A-4: Average monthly climatology of precipitation for each region. 
Region numbers are in parentheses. 
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Figure A-5: Correlation map of annual, summed, summer precipitation for each region and 
annual, summed, summer precipitation at each grid point. Correlation coefficients greater than 
|0.35| are significant at the 95% confidence level.  
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Figure A-6: a) Asian monsoon region and subdomains defined from our analysis 
compared with b) Asian monsoon region and subsystems of Wang and LinHo 
(2002).  
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Figure A-7: Map of correlation coefficients for average JJAS HadISST (°C) and summed 
JJAS precipitation (mm/season) in each monsoon region, 1979-2009. Colored regions (r> 
|0.35|) are significant at the 95% confidence level.  
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Figure A-8: Map of correlation coefficients for average DJFM HadISST (°C) and summed JJAS 
precipitation in each monsoon region, 1979-2008. Colored regions (r> |0.35|) are significant at 
the 95% confidence level.  
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Figure A-9: Composite map of 850 mb vector wind anomalies (arrows) and SLP 
(contours) for the seven wettest summers in each monsoon region.  
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Figure A-10: Composite map of 850 mb vector wind anomalies (arrows) and SLP 
(contours) for the seven driest summers in each monsoon region.  
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Figure A-11: Regionalization of Tibetan Plateau precipitation, with monthly 
climatology for each region, as well as the ICM region. Percent variance explained by 
each eigenvalue is in right corner of each precipitation plot. 
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Figure A-S1: Plots of first 20 eigenvalues and 99% confidence interval from the Rule N test for the 
A) CMAP, B) GPCP, and C) TRMM precipitation datasets.  
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Figure A-S2: Rotated EOF loading plots of CMAP precipitation. Areas of highest 
loading for each EOF coincide with the regions demarcated by the maximum 
loading values in Figure 2a.  
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Figure A-S3: Wet-dry composite plots of CMAP monthly precipitation anomalies for months 
in PC time series 1-9 with values ≥1.5 minus values ≤-1.5 normalized standard deviation 
values. 
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Figure A-S4: Spectra of monthly precipitation anomalies for each region 
with 95% confidence intervals; dashed line indicates white noise spectrum. 
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Figure A-S5: Monthly trends in precipitation for each region, 1979-2009. Filled 
circles are trends significant at the 95% confidence level. 
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CLIMATIC DRIVERS OF INCREASED HIMALAYAN DUST OVER THE 20TH 
CENTURY 

 
Jessica L. Conroy, Jonathan T. Overpeck, Julia E. Cole, Kam-Biu Liu, Luo Wang and 

Mihai N. Ducea 
 
 
 
 

Abstract 

 Dust over the Himalayas and southern Tibetan Plateau can influence climate and 

hydrology across the Asian monsoon region (1-5), but little is known about the 

spatiotemporal variability of dust in this region over the last 100 years relative to 

previous centuries. Here we have reconstructed a record of mineral aerosols spanning the 

last millennium from Kiang Co, a small lake in southwestern Tibet. Inferred dust content 

covaries with the Dasuopu dust record (6) from the central Himalayas, indicating 

coherent dust forcing across a broad stretch of the Himalayas over much of the last 

millennium. Sr and Nd isotope confirm that dust in Kiang Co is Himalayan in origin, and 

likely derived from glaciofluvial outwash and loess deposits. Dust from Kiang Co also 

covaries with a tree-ring based reconstruction of the summer Arctic Oscillation (7), as 

well as instrumental summer and fall Arctic Oscillation Index values. Increased 

temperatures over the western Himalayas during summer and fall periods with high AO 

values likely leads to increased dustiness as enhanced glacial melting and runoff produce 

outwash deposits. Unconsolidated sediment from these deposits can then be entrained and 

transported downwind as dust during the subsequent dusty season. Reduced precipitation 

in fall months with positive AO values may also enhance dustiness by decreasing 

vegetative cover and remobilizing old loess deposits. Projections of a more positive AO 
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in coming decades imply that we may expect a dusty future in southwestern Tibet and the 

central Himalayas with continued anthropogenic warming. 

 

Article 

 Dust over southern Tibet and the Himalayas can influence atmospheric 

temperature as well as the timing and amount of monsoon precipitation (1, 2, 4), The 

deposition of dust on snow and ice also has the potential to accelerate melting, impacting 

the timing and magnitude of streamflow in some large Asian rivers (3, 5) To anticipate 

how dust forcing may vary in coming decades in response to climate change and human 

activity, we must understand decadal to centennial-scale dust variability in this region. 

However, long-term reconstructions of dust variability are sparse in southern Tibet and 

the Himalayas and available reconstructions have not yet produced a coherent picture of 

dust variability.  For example, although the two key ice core records of dust from the 

Himalayas both show more dust after 1800 AD, they are not coherent on multidecadal to 

century timescales over the last millennium for unknown reasons (6, 8).  

Archives of past dust variability stored in lake sediments can supplement these key 

ice core records, and provide additional information on the spatial coherency of dust 

forcing over time. Here we have produced an additional record of mineral aerosols 

spanning much of the last millennium using a lake sediment record from the 

southwestern Tibetan Plateau. The lake, Kiang Co (30.55°N, 81.74°E, 4800 masl), is a 

small basin, with a maximum depth of 3 m and a maximum diameter of 630 m. The sole, 

anastomising river flowing into the lake from the southeast originates at the base of 
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several glaciers on the northern slopes of the central Himalayas, 10-30 km upstream 

(Figure S1).  We established a chronology for a 92 cm-long core from Kiang Co using 

210Pb and radiocarbon age estimates, and analyzed the sediment for grain size, major 

elemental abundance, Sr and Nd isotopes, and magnetic susceptibility (see methods, 

Figure S2).  Elemental abundance revealed the presence of Al, Si, K, Ca, Ti, Mn, Fe, Rb, 

Sr, and Zn in the Kiang Co sediment, reflecting the mineralogic components (determined 

by X-ray diffraction) of quartz, albite, calcite, biotite, muscovite, chlorite, and chamosite. 

The first principle component (PC) of the elemental dataset explains 64% of the variance 

and loads highly on elements that are a proxy for terrigenous material: Al, Si, K, Ti, Fe, 

Rb, and Zn.  Grain size analysis indicates the Kiang Co sediment has a bimodal grain size 

distribution, with a dominant peak at <10 µm and a smaller, more variable peak between 

10 and 1000 µm (Figure S3). The first PC of the grain size data, which explains 46% of 

the variance in the dataset, loads strongly on the abundance of clay to fine silt-sized 

particles (0.72 µm to 5.75 µm diameter). The first PCs of the XRF and grain size data, 

along with magnetic susceptibility measurements, display similar variability throughout 

the record. Periods with increased fine-grained, magnetic, terrigenous material occur at 

~1060 AD, and from AD 1150 to 1450, AD 1600 to 1800, and AD 1900 to present 

(Figure 1). 

 The bimodal grain size distribution points to two different sources of 

allochthonous sediment, most likely eolian and fluvial material. We hypothesize that the 

fine-grained, generally well-sorted sediment represented by the first PCs of the grain size 

and XRF dataset is predominantly eolian, and the coarser, more poorly-sorted sediment is 
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runoff from nearby glaciers into the lake. The size range of the fine-grained terrigenous 

sediment in Kiang Co falls within the size range of far-travelled (e.g., >100 km) dust 

particles; dust particles less than 10 µm in diameter generally imply a distant source 

region (9, 10).  Loess deposits in the western Himalayas and in southern Tibet are also 

dominated by clay and fine silt-sized particles of similar mineralogy (11, 12). The Kiang 

Co sediments also have higher 137Cs activities during the last 20 years, after the period of 

nuclear testing and Chernobyl (Figure S2A).  High 137Cs activity suggests the 

redeposition of surface sediments via dust entrainment and deposition downwind; Asian 

dust storms have been linked to recent pulses of 137Cs activity over Japan (13). 

 Most importantly, the multidecadal to century-scale variability in our inferred 

dust record resembles the record of dust from the Dasuopu ice core (6), located over 400 

km to the southeast of Kiang Co  (Figure 1). The decadally-averaged records from 

Dasuopu and Kiang Co are significantly correlated (r=0.41, N=93, p<0.001), and have 

similar low-frequency variability, including a trend toward increasing dust in the 20th 

century. However, the large increase in inferred dust at ~1060 AD in the Kiang Co record 

does not appear in the Dasuopu record, although it does occur near (and within age model 

error of) an abrupt increase in Dasuopu deuterium-excess values to the highest values in 

the ice core record. In this region, wintertime, continental air masses have higher 

deuterium-excess values than summer monsoon air masses, as the source region for 

monsoon air masses has high humidity relative to source region for continental air masses 

(14). We hypothesize that an abrupt increase in cold, continental air relative to 

monsoonal air masses at this time reduced glacial runoff into the lake, as well as 
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productivity, reducing dilution of the dust component of Kiang Co. Excluding the 

bottommost event in the Kiang Co record, the correlation coefficient for the two records 

increases substantially (r=0.61, N=90, p<0.001). The covariability of the Dasuopu and 

Kiang Co dust records suggests coherent dust forcing over a wide swath of the Himalayas 

throughout the last 1000 years. However, it remains unclear why the Mt Everest dust 

record, which extends back to 600 AD (8, 15) does not covary with the nearby Dasuopu 

ice core record, although the higher annual dust flux and variance at Everest may indicate 

this glacier is receiving dust from different sources than Dasuopu (16) 

 It has been previously hypothesized that anthropogenic activity in India and Nepal 

and Indian monsoon variability influence dust variability in the Himalayas (6), implying 

the source of dust preserved in the Dasuopu glacier lies south of the mountain range. 

However, more remote regions such as the Sahara and the deserts of western-central Asia 

have also been hypothesized to be the source regions for Himalayan dust (8, 15). 87Sr/86Sr 

and εNd values for the fine-grained component of the Kiang Co sediment indicate the 

eolian material preserved in Kiang Co originates in the High Himalayan Crystalline 

Sequence (17), rather than the deserts of central-western Asia or the Sahara (18-20).  A 

Himalayan source region for dust in southwestern Tibet supports the hypothesis that 

eolian material in southern Tibet is predominantly local, and derived from the 

entrainment and atmospheric transport of glaciofluvial sediment deposits (21). The 

covariation between the Dasuopu and Kiang Co dust records suggests that the low-

frequency component of the Dasuopu dust record is also likely derived from the local 
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Himalayan bedrock. However, given its higher elevation, it is possible that the Dasuopu 

ice core also contains dust from more remote regions, such as India (6). 

 The 20th century increase in dust at Dasuopu has been attributed to increased 

anthropogenic activity in India and Nepal (6), but dust variability can also be driven by 

sediment supply (22), the impact of aridity on soil moisture and vegetation (15, 23), wind 

strength (24), the position of the jet stream (25), and cold air outbreaks (26). At Kiang 

Co, evidence also points to climate as a prominent influence on both long and short-term 

dust variability. Decadal averages of terrigenous elemental abundance in the Kiang Co 

sediment core correlate significantly with decadal averages of a tree-ring based, 325-year 

reconstruction of the summer (June-August) Arctic Oscillation (7) (r=0.59, N=33, 

p<0.001; Figure 1). Correlations of three-year averages of Kiang Co terrigenous 

elemental abundance and the instrumental, sea level pressure-based AO index (27) over 

the 20th century also reveal a strong relationship between the AO and inferred dust 

content from in late summer through the fall (Figure 3A,B).  

 Although we observe a relationship between eolian material in Kiang Co and the 

summer-fall AO, the dusty season in southern Tibet and the Himalayas occurs during the 

winter and spring months, when the prevailing westerly winds entrain and transport 

aerosols across the region (Figure 3C). Thus, it is likely the AO sets up conditions for 

increased dustiness prior to the onset of the dusty season. The number of dusty days in 

January and April at Lazi, in southern Tibet, is significantly correlated with the prior 

August-November AO. That is, when the AO index is higher August-November period 



 

 

115 

prior to the dusty season, there are more dusty days at Lazi in January and April (Figure 

3D).  

 As the relationship between the AO and dust in Kiang Co does not occur during 

the period of strong winds and dustiness, and dust is enhanced when the AO is positive 

and thus further poleward, it is unlikely the AO influences dustiness via changes in wind 

strength or gustiness associated with southward shifts of the jet stream. However, we do 

find a significant relationship between temperature and the AO during the late summer-

fall. When the AO is positive from August to November, temperature (28) is warmer over 

much of the Tibetan Plateau and the Himalayas (Figure 4A, D). We hypothesize that 

increased temperature during positive AO periods leads to increased dust by increasing 

sediment supply the western and central Himalayas (22). As glaciers recede, the creation 

of new melt-out till deposits, an increase in local runoff, and the development of new 

fluvial outwash deposits likely increases sediment availability (29). Then, as streamflow 

declines with the waning of the monsoon on onset of cooler temperatures, the exposure of 

these outwash deposits to the atmosphere allows unconsolidated fluvial sediment to be 

entrained in the atmosphere and transported downwind by the mean westerly winds. 

 Increased aridity could also influence dustiness in the Himalayas by reducing 

vegetation and remobilizing loess deposits (23). Although there are limited precipitation 

data for this remote region, we find that when the AO is more positive from September to 

November, precipitation is reduced in the central-western Himalayas in the CFSR (28) 

and TRMM(30) precipitation datasets (Figure 4B,C,E). This is likely due to the poleward 

displacement of the jet stream and reduced moisture convergence during positive AO 
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periods both weakening the end of the monsoon season and reducing the limited westerly 

precipitation the region receives in the fall months. 

 Since we have determined that the region of dust origin is within the high 

elevation backbone of the Himalayas, an area with limited human activity, we 

hypothesize that anthropogenic land-use change is not the dominant influence on 

increasing dust deposition at Kiang Co in the 20th century. If the local human impact on 

dust was significant at Kiang Co, we would expect unprecedented levels of dust to follow 

recent changes in grassland management policies, such as decollectivization in the early 

1980s, which is hypothesized to have contributed to grassland degradation (31).  

However, the trend toward increasing dust at Kiang Co begins much earlier, in early 20th 

century, and declines around 1995, in conjunction with a decline in AO index values. We 

conclude that the recent trend toward increasing dust in Kiang Co and Dasuopu is likely 

due to both a trend toward more positive AO values in summer and fall and subsequent 

impacts on temperature and precipitation in the Himalayas.  In fact, dust forcing may also 

enhance the temperature increase in the western Himalayas (2), creating a positive 

feedback loop between temperature and dust. 

 Although climate strongly influences our inferred dust record from Kiang Co, 

increased desertification, soil degradation, and permafrost melting—influenced by both 

anthropogenic land use and climate change (32)—could also exacerbate future dustiness 

in southwestern Tibet and the Himalayas. But more importantly, our work suggests that if 

projections of warmer temperatures (33), as well as a trend toward more positive AO 

values with increased greenhouse gas forcing (34, 35) are accurate, we may expect 
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increased dustiness in southwestern Tibet and the Himalayas in coming decades. Given 

the impact of regional dust on temperature (2), atmospheric circulation (1) and ice albedo 

(3) in Tibet and the Himalayas, a future of increased dustiness in southwestern Tibet will 

have significant hydrologic consequences, potentially influencing the livelihoods of 

billions of people downstream (36, 37).  

 
Method Summary  

In June 2007, we obtained several surface sediment cores from Kiang Co.  We 

established a chronology for the last ~100 years of core WA-3 with 210Pb measurements, 

using a constant rate of supply model (38).  We confirmed the 210Pb age model with 137Cs 

measurements, and dated the remainder of the core using radiocarbon measurements on 

fragments of Hippuris vulgaris. Radiocarbon ages on the plant remains indicate a 

radiocarbon reservoir effect of 1740 years.  We applied this correction to the radiocarbon 

age estimates. Radiocarbon ages were calibrated using INTCAL09 (39). We created an 

age-depth model with the clam program (40), using 100,000 iterations of a smooth spline 

fit through the calibrated age distributions. We removed all models with age reversals. 

Confidence in our radiocarbon age model is supported by the good match between our 

inferred dust time series and that of the annual to interannually resolved Dasuopu ice core 

record. 

Magnetic susceptibility was measured with a Geotek multi-sensing core logger in the 

University of Rhode Island Paleomagnetics Laboratory. We identified minerals with X-

ray diffraction of selected sediment intervals using a Bruker D8 Advance Powder X-Ray 

Diffractometer in the Mineralogy and Crystallography Laboratory at The University of 
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Arizona. Measurements of elemental abundance were made with an EDAX Eagle III 

scanning µX-ray fluorescence benchtop instrument. Prior to measurement, we sectioned 

and embedded the sediment in an epoxy resin.  Ninety second, three by three matrices of 

20µm point measurements were taken at 1 mm intervals down the core. To measure the 

uppermost sediments, which were extruded in the field, we dried, pulverized, and 

compressed the sediment into pellets. Five, 90 second point measurements were taken 

and averaged for each pellet.  We scaled the pellet values to the embedded sediment 

values by subtracting the mean from the pellets and multiplying by mean of the 

uppermost sediments. Overlapping pellet and embedded sediment values indicate that 

this method is robust.  We also decorrelated calcium and terrigenous elemental 

abundance to ensure that variability in terrigenous elements is not merely reflecting 

changes in calcium carbonate abundance (Figure S5). We carried out grain size 

measurements at 0.5 cm intervals. The sediment samples were pretreated with 15% HCl 

to remove carbonates, 30% H2O2 to remove organic matter, and 1M NaOH to remove 

biogenic silica. We measured each sample five times on a Malvern Mastersizer 2000 

laser particle size analyzer, and report the average of these five measurements, expressed 

as volume percent of the sample.  

 The isotopic ratios of 87Sr/86Sr, 143Nd/144Nd, and the trace element concentrations of 

Rb, Sr, Sm, and Nd were measured by thermal ionization mass spectrometry on whole 

rock samples (41). Rock powders were put in large Savillex vials and dissolved in 

mixtures of hot concentrated HF-HNO3. Strontium and the bulk of the REEs were 

separated in cation columns containing AG50W-X4 resin, using 1N to 4N HCl.  
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Separation of Nd was achieved in anion column containing LN Spec resin, using 0.1N to 

2.5N HCl. Sr was loaded onto single Ta filaments with Ta2O5 powder. Nd was loaded 

onto single Re filaments using cation resin beads. Mass spectrometric analyses were 

carried out at the University of Arizona on an automated VG Sector multicollector 

instrument fitted with adjustable 1011 W Faraday collectors and a Daly photomultiplier 

(42) Typical runs consisted of acquisition of 100 isotopic ratios. Five analyses of standard 

Sr987 yielded mean ratios of: 87Sr/86Sr = 0.710285±7 and 84Sr/86Sr = 0.056316±12. Four 

measurements of the LaJolla Nd standard were performed during the course of this study. 

The standard runs yielded the following isotopic ratios: 142Nd/144Nd = 1.14184±2, 

143Nd/144Nd = 511849±2, 145Nd/144Nd = 0.348390±2, and 150Nd/144Nd = 0.23638±2. The 

Sr isotopic ratios of standards and samples were normalized to 86Sr/88Sr = 0.1194, 

whereas the Nd isotopic ratios were normalized to 146Nd/144Nd = 0.7219. The estimated 

analytical ±2s uncertainties for samples analyzed in this study are: 87Sr/86Sr = 0.001%, 

and 143Nd/144Nd = 0.0008%.  Procedural blanks averaged from five determinations were: 

Sr-115 pg, and Nd - 5.25 pg.   
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Figure B-1: Kiang Co sediment record, dust and the summer Arctic Oscillation over the 
last century. A) Tree-ring reconstruction of the summer Arctic Oscillation (7) (dark blue), 
and instrumental summer Arctic Oscillation index values (27). Solid line is ten-year 
average. B) Decadal average (thin black line) and fifty-year smooth (thick black line) of 
dust concentration in the Dasuopu ice core (6). C) Record of terrigenous elemental 
abundance (PC1, in counts per second) from Kiang Co sediment core. Thick red line is 
decadal average of values. D) Volume percent abundance of fine silt and clay-sized 
particles (PC1) in the Kiang Co sediment core. E) Magnetic susceptibility of Kiang Co 
sediment record (SI units). 
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Figure B-2: 87Sr/86Sr and εNd values for coarse (>500µm) shore sediment (blue circles) 
and fine (<45µm) lake sediment (red circles), plotted with ellipses defining values for 
potential dust source regions (17-21). Solid red square represents interval of finest 
sediment (>85% clay and fine silt) in core. 
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Figure B-3: A) Monthly and seasonal correlation coefficients for three-year averages of 
instrumental AO values (27) and terrigenous elemental abundance from the Kiang Co 
sediment core, AD 1900-2007. Black lines indicate 95% and 90% confidence levels. Red 
columns are correlation coefficients for the AO index and terrigenous elemental 
abundance after removing the linear trend in each time series. B) Time series of three-
year averages of instrumental ASON AO Index values and Kiang Co terrigenous 
elemental abundance, 1900-2007. C) Average number of dusty days per month at Lazi 
station in southern Tibet, 1976-2001 and mean monthly zonal winds at 500mb (28), D) 
Correlation coefficients between number of dusty days per month at Lazi and August-
November Arctic Oscillation Index values, 1960-2003. Black lines indicate 95% and 
90% confidence levels.  
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Figure B-4: Map of correlation coefficients between the instrumental AO index and 
gridded temperature and precipitation datasets A) ASON 2 m temperature and ASON AO 
index values, 1979-2009 (27-28) B) SON precipitation and SON AO index values, 1979-
2009 C) SON TRMM precipitation, and SON AO index values, 1998-2010. Red lines 
indicate 1000 m height contours. ‘k’ indicates Kiang Co, ‘d’ indicates Dasuopu Glacier. 
Bold black lines indicate significance of regression model at the 90% confidence interval. 
D) Time series of average ASON 2 m temperature (°C) from 33-36°N, 76-82°E and 
ASON AO index values. E) Time series of SON precipitation (mm/day) and SON AO 
index values. Filled circles are average CFSR precipitation (28) from 31-33°N, 79-84°E 
and hollow circles are average TRMM 3B43 (30) precipitation measurements from 31-
33°N, 78-82°E. 
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Figure B-S1: Map showing location of Kiang Co (‘x’) and image of the lake (Google 
Earth, 2011). Red lines indicate 1000 m height contours. 
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Figure B-S2: Kiang Co 210Pb measurements. A) Plot of unsupported 210Pb (dpm/g). B). 
Plot of cumulative unsupported 210Pb (dpm/g). We selected 21.5 cm as our 210Pb 
attenuation point. 
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Figure B-S3: Kiang Co age model A) 137Cs activity measured throughout the upper 20 cm 
of the Kiang Co core. Spike at 16.5 cm represents 1963 bomb-spike; increasing values 
toward top of core indicate increased deposition of previously contaminated surface 
sediment, likely dust. B) 210Pb age model, calculated using constant rate of supply age 
model. C) Plots of radiocarbon ages and depth, indicating reservoir age of 1740 14C 
years, based on linear fit through ages. D) Age model for entire sediment core, using 
radiocarbon (red calibrated distributions), 210Pb, and 137Cs ages (blue distributions) and 
the clam program (40). Gray shaded area represents maximum and minimum age-depth 
estimates based on 100,000 smooth spline fits through the calibrated age distributions. 
We removed all potential age models with age reversals. Black line represents best fit age 
model based on weighted averages of age‐depth model derived ages, light green line 
represents best fit age model based on midpoints of age‐depth model derived ages, 
blue line represents best fit age model based on midpoints of calibrated ranges, 
yellow line represents best fit age model based on weighted means of calibrated 
ranges, dark green line represents best fit age model based on medians of calibrated 
distributions, and pink line represents best fit age model based on maximum 
densities of calibrated distributions. We selected the best fit age model based on 
midpoints of calibrated ranges for use in this analysis since it intersects all the 
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calibrated age distributions, whereas the other best fit lines do not intersect all the 
calibrated age distributions at each depth.  The abrupt change in sedimentation 
rates at 20 cm and 65 cm is supported by a change in sediment characteristics; 
sediment intervals with faster sedimentation rates have fewer remains of aquatic 
macrophytes and less authigenic calcium carbonate, implying a deeper lake, 
increased runoff, and increased deposition of fluvial and/or aeolian material. 
Although the interval between 40 and 60 cm appears to reflect low lake level and 
lower sedimentation rates, we cannot identify and explicit hiatus in the sediment 
record. Therefore, we assume a slower sedimentation rate through this interval. 
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Figure B-S4: Grain size histogram for endmembers of the Kiang Co sediment core. 
Burgundy curve represents finest interval of sediment, hypothesized to be mostly eolian. 
Brown curve represents one of the coarsest intervals of sediment, hypothesized to contain 
abundant fluvial sediment. Gray curves represent samples of near-shore sediment. 
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Figure B-S5: Decorrelation of Ca and terrigenous elements in Kiang Co. A) Plot of 
calcium abundance in Kiang Co core (in counts per second). B) Scatterplot of Ca and 
terrigenous elemental abundance in Kiang Co.  Intervals with increased Ca tend to have 
lower terrigenous elemental abundance when Ca values are greater than 500 counts per 
second. C) Scatterplot of Ca and terrigenous elemental abundance in Kiang Co for Ca 
values > 500 counts per second, with linear equation. D) Terrigenous elemental 
abundance corrected for relationship with Ca (red) and original terrigenous elemental 
abundance record (blue).  
 
 
 
 
 
 
 
 
 
 

 



 

 

133 

Depth 
(cm) 

Type Lab number mg C FMC 14C Age (yr 
BP) 

14C 
reservoir 

Age (yr 
BP) 

1.25 210Pb      -52.16±3.6 

2.25 210Pb      -49.11±3.8 

3.25 210Pb      -45.25±4.0 

4.25 210Pb      -40.78±4.3 

5.25 210Pb      -35.12±4.9 

6.5 210Pb      -29.2±5.4 

7.5 210Pb      -25.98±5.4 

8.5 210Pb      -25.9±5.1 

9.5 210Pb      -23.42±5.0 

11.5 210Pb      -15.16±5.9 

13.5 210Pb      -13.96±5.1 

15.5 210Pb      -5.02±5.9 

15.5 137Cs      -12.50 

17.5 210Pb      11.78±7.8 

19.5 210Pb      43.32±15.2 

7.25 14C AA89079 0.53 0.8043±0.0037 1750±37 1740  

19.25 14C AA89080  1.00 0.7819±0.0040 1980±40 1740  

25.25 14C AA89081  0.93 0.7765±0.0037 2030±37 1740  

34.25 14C AA89082  1.33 0.7649±0.0037 2150±38 1740  

44.25 14C AA89083  2.03 0.7752±0.0044 2050±38 1740  

56.25 14C 
AA89084  0.08 

0.7048±0.0086 
2810±99 
(outlier) 

  

65.25 14C AA89085  0.43 0.7212±0.0036 2630±49 1740  

75.25 14C AA89086  0.86 0.7204±0.0037 2630±40 1740  

88.25 14C AA89087  1.39 0.7251±0.0037 2580±41 1740  

Table B-S1: Age data from Kiang Co. Radiocarbon ages rounded to nearest decade. 
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APPENDIX C: CLIMATE CONTROLS ON GENOVESA CRATER LAKE, 

GALÁPAGOS 

To be submitted for publication in the professional journal: Journal of Paleolimnology 
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CLIMATE CONTROLS ON GENOVESA CRATER LAKE, GALÁPAGOS 

Jessica L. Conroy, Diane M. Thompson, Jonathan T. Overpeck, Mark B. Bush,  

and Julia E. Cole 

 

1. Abstract 

The sediment record from Genovesa Crater Lake, Galápagos is finely laminated, and thus 

has the potential to provide a high-resolution record of past climate variability in the 

eastern tropical Pacific. Here we use an analysis of climate, lake, and sediment 

observations to explore how local and regional climate variability influences Genovesa 

Crater Lake. Surface lake temperature is strongly linked to air temperature, whereas lake 

salinity and lake level changes are complex and controlled by precipitation, evaporation, 

groundwater, and sea-surface height. In the sediment record, the warm season and El 

Niño event of 2009/2010 is represented by brown-green, organic-rich sediment. Initial 

evaluation of the Genovesa laminae over the last ~500 years suggest they are likely 

interannual rather than annual. Undiluted calcium carbonate layers in the Genovesa 

sediment record represent prolonged La Niña events–the period of largest Ca intensities 

measured in the late 19th-20th century sediment record coincide with twenty-nine 

consecutive months with ≤0.5mm precipitation from 1987 to 1990. Si/Ca and Sr/Ca ratios 

measured over the late 19th and 20th centuries increase with warmer cool season SST, 

suggesting increased diatom productivity and salinity in warmer cool seasons. The high 

δ15N values of the lake sediment highlight the importance of sea bird guano in the lake’s 

carbon and nitrogen cycles. An abrupt increase in δ15N values, coincident with a period 
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of lower δ13C values and an increase in nitrogen and carbon abundance from AD 1950-

1970, may be the result of an increase in seabird populations and guano to the lake 

system, although denitrification or ammonia volatilization could also play a role in 

producing higher δ15N values in the sediment. 

 

2. Introduction 

 Tropical Pacific climate variability exerts strong control over much of the global 

climate system on interannual to centennial timescales (Trenberth et al. 1998; Graham et 

al. 2007). Thus, understanding how this region will respond to anthropogenic warming is 

key for understanding future teleconnection patterns around the world (Meehl and Teng 

2007; Dominguez et al. 2010). There is an emerging consensus that the tropical Pacific 

will experience warming centered on the equator, weaker trade winds, and a shallower 

thermocline depth with increasing greenhouse gas concentrations in the 21st century (Liu 

et al. 2005; Collins et al. 2010). However, many global climate models incorrectly 

represent many key aspects of tropical Pacific climate such as the spatial pattern of 

precipitation and the equatorial cold tongue, as well as El Niño/Southern Oscillation 

(ENSO) frequency, adding uncertainty to future projections of tropical Pacific climate 

change (Collins 2005; Collins et al. 2010). 

 Records of past climate change from the tropical Pacific can provide key 

benchmarks for model validation, help us to constrain the region’s climate sensitivity, 

and provide more information on the full range of tropical Pacific climate variability. But 

records of past climate variability from the tropical Pacific are not always in agreement, 
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adding an element of uncertainty to our understanding of past tropical Pacific climate 

change. For example, different sea surface temperature (SST) products show different 

temperature trends and spatial patterns of warming and cooling across the tropical Pacific 

over the late 19th and 20th centuries (Vecchi and Soden 2007; Zhu and Liu 2009; Deser et 

al. 2010). On longer timescales, although paleorecords of tropical Pacific climate 

variability are not always coherent, there is an emerging consensus that ENSO frequency 

increased in the mid-Holocene (Moy et al. 2002; Riedinger et al. 2002; Koutavas et al. 

2006; Conroy et al. 2008; Donders et al. 2008). Part of this data discrepancy may be due 

to age model error and limited understanding of the climate controls on climate 

indicators, but each type of indicator also has its own set of limitations that hinder climate 

reconstructions. For example, lake and marine sediment records that reveal lower-

frequency variability often cannot be calibrated with the instrumental record, and cannot 

distinguish seasonal and interannual changes, whereas the coral records that resolve 

monthly to annual climate variability are often short and discontinuous.  

 High-resolution lake sediment records can provide further constraints on past 

climate variability in the tropical Pacific on seasonal to millennial timescales. Here we 

present an analysis of the climate controls on Genovesa Crater Lake, Galápagos. The 

Genovesa sediment record is finely laminated, and thus has the potential to provide a 

Holocene record of climate variability at high temporal resolution for the eastern 

equatorial Pacific, a region with limited high-resolution paleorecords. Although 

Genovesa Crater Lake and its sediments were first described in the literature more than 

four decades ago (Colinvaux 1968; Colinvaux 1969; Howmiller 1969; Goodman 1972), 
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there has been no detailed analysis of the climate and environmental controls on the lake 

using instrumental climate data. In this paper, we evaluate the ability of the Genovesa 

sediment record to provide an accurate, high-resolution climate reconstruction for the 

eastern equatorial Pacific. We first discuss the influence of local climate on lake 

temperature, salinity, and lake level, followed by an investigation of the origin of the 

sediment laminae and their relation to seasonal and interannual climate variability. 

 

3. Site 

3.1 Galápagos climatology 

 The Galápagos Archipelago is located in the eastern equatorial Pacific Ocean, in a 

region defined by coupled ocean-atmosphere variability. Strong southeasterly trade winds 

drive oceanic upwelling around the islands, leading to relatively cool ocean and air 

temperatures that maintain regional aridity. Seasonality is defined by latitudinal shifts in 

the Intertropical Convergence Zone (ITCZ). Although the islands remain south of the 

ITCZ throughout the year, when the ITCZ is further south from January to May, the 

southeasterly trade winds weaken, leading to warmer ocean temperatures and more 

convection; this is the warm season for the Galápagos, and the wet season for the 

lowlands of the islands (Mitchell and Wallace 1992; Trueman and d'Ozouville 2010). The 

cool season from June to December occurs when the ITCZ is further north and the 

southeasterly trade winds are stronger, leading to enhanced upwelling and cooler SST.  

Interannual ENSO-related variability is typically strong in the Galápagos, particularly 

when El Niño events develop off the coast of South America. El Niño events weaken the 
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southeasterly trades, leading to reduced upwelling, warm SST, convection, and increase 

precipitation on the islands (Snell and Rea 1999). During La Niña events, stronger trade 

winds, a shallower thermocline, and cooler ocean and air temperatures lead to increased 

aridity. 

 

3.2 Genovesa Crater Lake  

  Genovesa Crater Lake sits at sea level on the center of Isla Genovesa, a 17 km2 

island located in the northeastern part of the Galápagos Archipelago (Figure 1a-b). The 

lake is 500 meters in diameter, 27.5 meters deep at its maximum depth, and is surrounded 

by steep, 60 m crater walls. A dense red mangrove (Rhizophora mangle) thicket circles 

the lakeshore. The northwest shore of the lake has a shallow beach area, whereas the 

southern part of the basin has much steeper bathymetry (Figure 1c). The lake is likely 

connected to the ocean through fissures in the island basalt (Goodman 1972); major 

cations and anions indicate the lake is hypersaline, with a salinity ~1.5 times that of 

seawater (Table 1).  

 Thousands of red-footed boobies (Sula sula) nest around the lake, and their guano 

is an important biovector, transporting nutrients into the lake system (Howmiller 1969; 

Nelson 1978). In 1964, 140,000 pairs of red-footed boobies were counted on Genovesa 

(Nelson 1978). Few invertebrates inhabit the lake: there are numerous water boatman 

(Trichocorixa beebei), tanaid shrimp (Tanais stanfordi), and ostracodes, but no fish 

(Goodman 1972; Gardiner 1975). Plankton tows taken in 2004 also indicate the presence 

of dinoflagellates, rotifers, foraminifera, and diatoms.  
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 Profiles of physical, chemical, and biological parameters through the water 

column of Genovesa have been measured several times since 1966 (Colinvaux 1968; 

Howmiller 1969; Goodman 1972). Temperature profiles taken in 1966, 1968, 2009, and 

2010 reveal that temperature generally decreases with water depth (Figure 2a), whereas 

dissolved oxygen (DO) profiles indicate the presence of a strong oxycline between 7 and 

14 m depth (Figure 2b). Salinity, which ranged from 45 to 53 ppt during the last several 

decades, remains relatively constant through the water column, but was slightly less 

saline at the surface in March and July, 1968 and below 23 m in November 2009 and 

June 2010 (Figure 2c). According to Howmiller (1969), temperature and salinity-induced 

density differences, as well as the relatively deep lake, weak winds, and minimal seasonal 

temperature variations maintain stratification in Genovesa Crater Lake, but our water 

measurements indicate the water in the hypolimnion, near the bottom of the lake, can be 

fresher and more diluted than water in the epilimnion (see Table 1 and discussion below). 

Thus, temperature may be the primary factor controlling lake stratification. 

 

4. Methods 

4.1 Environmental monitoring 

 In November to December of 2009, we installed equipment to monitor the 

environmental conditions in and around Genovesa Crater Lake.  A HOBO micro station 

data logger (H21-002) recorded precipitation, air temperature, solar radiation, wind speed 

and wind direction at 15-minute intervals beginning on December 17th, 2009. We 

calculated evaporation from the lake surface in mm/day using these data, lake 
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temperature data, and the energy budget equation (Shuttleworth 1993). To monitor the 

effect of local climate variability on lake conditions, we deployed Aqua TROLL 100 

sondes to measure temperature and conductivity over the same interval. Three sondes 

were deployed at approximately 3.5, 7.5, and 24.5 meters depth to record conditions near 

the surface, oxycline, and lake bottom, respectively. As the depth of the oxycline appears 

to vary seasonally, the 7.5 m meter sonde remains at, or above, the oxycline for most of 

the year. Finally, to address potential changes in lake level at Genovesa, two HOBO U20 

water level data loggers were deployed, one in the lake at 3 meters depth (just above the 

surface sonde) and one in the mangroves along the edge of the lake to record and adjust 

for fluctuating barometric pressure.  The water level logger also recorded water 

temperature. 

 

4.2 Sediment sampling 

 We retrieved the uppermost sediment record from several surface cores (all less 

than 1.5 m in length) during sampling trips in 2004 and 2009 using an Aquatic 

Instruments Gravity Corer. The mud-water interface was preserved in each core, but we 

extruded the uppermost sediments in the field due to their high water content. We cross-

correlated the cores using their distinctive laminations and marker bands. Here we 

present results from surface cores taken from the center of the lake, and one core taken 

from the northern beach area.  
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4.3 Age model  

 We established an age model for the upper 54 cm of the Genovesa sediment 

record using 210Pb and 137Cs measurements on bulk sediment samples as well as 

radiocarbon measurements on mangrove remains (Table 1). 210Pb and 137Cs abundance 

were measured in the Ku laboratory at the University of Southern California. We used a 

constant rate of supply model to calculate ages from the 210Pb measurements (Appleby 

2001), and corroborated the resulting ages with the 137Cs bomb-spike.  Three samples of 

mangrove leaves from the beach core, three modern mangrove leaf samples, bulk 

sediment, and modern lake algae samples were pretreated using the standard HCl-NaOH-

HCl procedure, and were combusted and measured for radiocarbon content at the 

University of Arizona Accelerated Mass Spectrometry facility. We developed an age 

model from the 210Pb ages, the mangrove radiocarbon ages, their error estimates, and 

depths using the clam (classical age modeling) program (Blaauw 2010). We performed 

1000 iterations of potential age models, using a loess spline fit and removing any 

calculated age models with age reversals.  Throughout the paper, we use the median 

result of these iterations (the ‘best fit’) as our age model. 

 

4.4 Elemental abundance 

 We calculated major elemental abundances in the sediment using an Edax Eagle 

III scanning m-X-ray fluorescence instrument (scanning µ-XRF), located in the 

Department of Geosciences at The University of Arizona. We dried, ground, and pressed 

sediment from each extruded interval into uniform pellets, which we then measured in the 
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scanning µ-XRF instrument (Kev=40, µA=400-500).  Sets of nine 20 µm spots in a 

300µm x 300µm gridded area were measured five times on each pellet under vacuum for 

ninety seconds. We report the average of these five measurements in counts per second.  

For the unextruded portion of the cores, we embedded the sediment in epoxy resin and 

measured linescans across the slabs, creating a continuous, 100µm-resolution profile of 

elemental variations down the core. We also created maps of elemental variation for 

portions of the slabs to highlight elemental variation within the laminations. 

 

4.5 δ15N, δ 13C, C/N, and loss on ignition measurements 

 We sampled the extruded sediment intervals and core material at 0.5 cm 

resolution for organic δ15N and δ 13C isotope analysis as well as carbon and nitrogen 

abundance. To remove carbonates, we pretreated the dried, pulverized samples with 6% 

sulfurous acid in silver capsules and dried in a 60°C oven following the procedure 

outlined by (Verardo et al. 1990). Carbon and nitrogen measurements were measured in 

the Stable Isotope Laboratory at The University of Arizona using a Costech elemental 

analyzer coupled to a continuous flow gas-ratio mass spectrometer (Finnegan 

DeltaPlusXL). Standardization of elemental analysis is based on acetanilide with a 

precision of 0.15%. Analytical precision for isotopes is <0.30‰. We also measured 

weight percent loss on ignition (LOI) of the uppermost, extruded sediment samples. 

Sediment samples were first weighed and dried in a 60°C oven overnight. The dried 

samples were then reweighed and combusted in a 550°C furnace for four hours to remove 
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organic matter. After reweighing the combusted samples, they were combusted again in a 

1000°C oven for two hours to remove calcium carbonate. 

 

5. Results 

5.1 Climate data 

 The weather station at Genovesa recorded air temperature, precipitation, wind 

speed, wind direction, and solar radiation at 15-minute intervals from December 17, 2009 

to June 4, 2010 (Figure 3). During this period, we recorded the seasonal shift from the 

cool/dry season into the warm/wet season. Air temperatures increased from 25°C in 

January to 28°C in late February and early March. Precipitation coincided with this 

period of warmer air temperatures, although precipitation events cooled the air for the 

duration of the event, which, combined with highly non-normal, noisy, precipitation data 

resulted in an insignificant correlation between daily air temperature and precipitation 

(rs=-0.05, N=169, p=0.49). Evaporation was also reduced during the warm season. Drops 

in daily evaporation often coincide with precipitation events, but evaporation also 

declined when there was no measureable precipitation at Genovesa. Solar radiation also 

decreased during the period of warmest temperatures and is negatively correlated with 

precipitation, due to increased cloudiness associated with increased convection in the area 

(rs=-0.41, N=169, p<0.001). Wind speed was also weakest during the period of warmest 

air temperatures. Interestingly, our wind measurements did not capture the dominant 

southeasterly trade winds that are characteristic of eastern equatorial Pacific. Instead, 

winds were predominantly northwesterly, and became southwesterly and southeasterly 
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during the period of warmest temperatures. We hypothesize that these winds are local, 

perhaps driven by variations in the land-sea temperature gradient. Daily precipitation is 

highly correlated with wind direction (rs=-0.4027, N=169, p<0.001). 

 

5.2 Lake variables 

 Temperature, conductivity, salinity, and density were measured by the three 

sondes in Genovesa Crater Lake at 15-minute intervals from November 27 to June 4. 

Daily temperature values indicate the water was consistently warmest at the surface, 

ranging between 28°C and 38°C during the period of measurement (Figure 4a). 

Temperatures at 7.5 m (the oxycline) closely tracked surface temperatures with a 

maximum lag of almost a month. Bottom temperatures remained a relatively constant 

27.6°C during the period of measurement, and were consistently cooler than surface 

temperatures.  

 Water salinity (calculated based on conductivity and temperature measurements) 

in Genovesa Crater Lake also varied with depth over the period of measurement. Surface 

salinity varied between 55 and 50 ppt from late November 2009 to April 2010 (Figure 

4b). Technical problems caused the surface sonde to stop recording after this time. The 

oxycline salinity was higher and less variable compared to the surface, ranging between 

51.7 and 55 ppt, while the bottom waters were usually more saline than the upper water 

column. However, salinity in the bottom waters of Genovesa frequently shifted between 

54.2 and 54.7 ppt during the period of measurement, and the bottom water also show a 

dramatic shift in salinity on April 25, 2010 (Figure 4b, c). At this time, the bottom water 
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suddenly became much fresher, with salinity decreasing to less than 10 ppt, and then 

increased to 29 ppt. This large shift in bottom salinity values could be attributed to sonde 

malfunction, but there is also a significant change in salinity and lake level recorded by 

the independent surface lake level and oxycline sondes at this time. Furthermore, other 

measurements of bottom water chemistry and salinity (Figure 2c, Table 1) also suggest 

that bottom water can be less saline than waters in the epilimnion, most likely due to the 

intrusion of seawater into the lake. However, lower salinity, less dense water emplaced 

below denser, more saline water suggests the water column is prone to occasional 

mixing; Wedderburn numbers calculated using water density values and local wind 

speeds are very high (~100) when the hypolimnion is more saline and more dense than 

the epilimnion, but are <1 when the hypolimnion is fresher than the epilimnion. 

  Despite the large changes in local temperature, precipitation, and salinity, we 

only observed small fluctuations in lake level from November 2009 to June 2010.  Daily 

lake level fluctuated by less than 2 cm, and was stable until mid-March 2010, when it 

began to slowly rise. Lake level then abruptly dropped on April 28, when lake salinity 

also plummeted (Figure 4d). The small changes in lake level suggest frequent incursions 

of seawater into the lake, as hypothesized by Goodman (1972). However, there seems to 

be no consistent periodicity to seawater incursions; we found no evidence of the 12-hour, 

tidal periodicity in lake level reported by Goodman (1972).  
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5.3 Age model  

 Modern bulk sediment and algae radiocarbon ages from Genovesa indicate a large 

radiocarbon reservoir effect in the lake water (Table 1). However, the post-bomb 

radiocarbon values of the modern mangrove leaves indicates they incorporate 

atmospheric carbon, rather than carbon from the lake water. Thus, we incorporated the 

radiocarbon ages from three mangrove leaves picked from the near-shore core with 210Pb 

and 137Cs age estimates from a core taken from the center of the lake to create an age 

model for Genovesa. Our age model indicates the top 54 cm of the sediment record was 

deposited over the last 550 years, resulting in an average sedimentation rate of 0.10 cm 

per year (Figure 5). The sediments in the top 54 cm are finely laminated, with no 

evidence of hiatuses. Sections of some cores do show sediment disturbances further down 

in the cores, likely a result of slumping, but we have created a composite sediment record 

for the top 54 cm from cores with undisturbed sediments.  

 

5.4 Sediment description 

 5.4.1 Sediment traps 

 The sediment traps at 2 m, 6 m, and 23 m depth indicate the sediment deposited 

from late November 2009 through early June 2010 consists primarily of organic material 

and authigenic carbonates, with no significant clastic component (Figure 6). The 

sediment collected at 2 m consisted primarily of a green, organic-rich ooze with 

numerous rotifers. Microscopic analysis revealed amorphous brown-green, clay-sized 

particles, most of which were formed into cylindrical shapes that resemble fecal pellets.  
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Diatoms, ostracodes, tanaid shrimp, as well as ornithogenic excreta--fish bones and bird 

feathers--were also identified. At 6 m depth, the sediment overflowed the 50mL 

collection device, and consisted of a brown-green, organic-rich ooze similar to the 

material in the 2 m sediment trap. The fecal pellet material from 2m depth was present, 

but was more amorphous.  At 23 m depth, where the sediment most closely reflects what 

is deposited on the lake floor, the sediment trap collected a thin layer of white ooze, 

overlain by brown-green, organic-rich sediment. Although the sediment was mixed 

during transport, SEM images of the sediment from the bottom sediment trap indicate 

numerous calcite crystals. It is thus likely that the white layer at the bottom of the 

sediment trap consists mainly of authigenic carbonate. Microscopic analysis of the 

brown-green sediment from 23 m depth revealed reddish-brown, amorphous organic 

matter.  

 

 5.4.2 Sediment core 

 The Genovesa sediment record consists of fine-grained, finely laminated biogenic 

and chemical (carbonate) sediments (Figure 7). The clastic, terrigenous component of the 

lake sediment is relatively small, likely due to the filtering effect of the mangroves lining 

the shore. LOI results indicate the uppermost sediments are roughly one-third organic 

matter (Figure 8). Although the sediment contains abundant calcium carbonate, 

measurements of total CaCO3 abundance were confounded by the large amount of salts in 

the sediment; LOI at 1000°C covaries more strongly with S abundance than Ca 

abundance (Figure 8).  
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 High-resolution XRF maps of the resin-embedded sediment sections reveal the 

elemental composition of the different types of laminations (Figure 9). The majority of 

the sediment record is composed of light, medium, and dark brown laminations. Ca and 

Sr covary, and are found in medium brown laminations. Measurements of the lighter 

brown layers indicate they have low Ca abundance and high Si abundance, likely 

reflecting increased biogenic silica abundance relative to authigenic carbonate. Dark, 

reddish-brown layers have high S and K intensities, and likely represent higher 

concentrations of mangrove fragments; mangroves leaves contain Na+, Cl-, and K+ ions 

(Werner and Stelzer 1990). XRF measurements also show the presence of S, K, Cl, Br, 

Ca, and Fe in mangrove leaves taken from around Genovesa Crater Lake. Within the 

embedded sediments, only S and K values represent the dark, reddish-brown layers, as 

sediment Cl values cannot be separated from Cl in the resin, Br and Na were not detected, 

and Ca and Fe were only present in the leaves in small quantities relative to Ca and Fe in 

other lake sediment components.  

 Other types of laminae are also present in Genovesa: white laminations found 

throughout the sediment core are composed of relatively pure calcium carbonate. XRD 

and SEM images of white, clay to fine-silt sized laminations reveal the sediment is 

aragonite, whereas magnesium calcite is found in the brown layers (Figure 7d). . Brittle, 

platy white layers are composed of both aragonite and magnesium calcite. Greenish-

white, translucent ooze layers found in the core are primarily composed of silica, likely 

biogenic in nature (Colinvaux 1969). Our XRD measurements indicate the presence of 

quartz, as well as aragonite in these layers, and SEM images show the ooze is made up of 
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the diatom Chaetocerus sp. (Figure 7b). Rare, gray laminations found throughout the core 

are likely tephras from local Galápagos eruptions. These laminations have much higher 

terrigenous elemental abundances (e.g., Fe, Ti). Most of the tephra layers are faint and 

diffuse, but one gray tephra at 110 cm depth is composed of dark gray, sand-sized 

particles. This coarser tephra is likely from a past eruption on an island closer to 

Genovesa, such as Pinta or Marchena, or on the island itself.  

 The top 1.2 m of the sediment record captured by our surface cores contains 

examples of these types of laminations (Figure 7). Below 70 cm depth, the sediment 

contains sharply contrasting dark and light brown laminations, frequently interspersed 

with green and white layers. Between 70 and 45 cm is a unit consisting of ~2 cm thick 

beds of translucent green ooze, interspersed with 2-3mm thick beds of brown, laminated 

sediment. This section of the core is spatially variable, and is represented by chunks of 

white authigenic carbonate embedded in a green, translucent ooze matrix in some cores 

(Figure 7g and 7h). At 38 cm, there is a sharp transition to more diffuse laminations, and 

from 0 to 38 cm, the sediment is primarily brown and organic rich, with few white 

calcium carbonate or green-white, translucent ooze layers. 

 

5.5 Organic carbon, nitrogen and stable isotope results 

 Genovesa sediments contain 7-15% organic carbon and 0.6 to 1.5% nitrogen. 

Carbon and nitrogen abundance strongly covary in the Genovesa sediment record, with 

increases in carbon abundance coinciding with increases in nitrogen abundance (r=0.53, 

N=105, p<0.001). Atomic C/N values range from 5 to 17, suggesting both algal and 
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terrestrial contributions to the organic component of the sediment record. Although C/N 

values have been used as a proxy for lake level (Meyers and Teranes 2001), Genovesa 

C/N values of dredge samples taken from various locations within the lake show no 

significant relationship with lake depth, whereas both organic carbon and nitrogen 

abundance increase with lake depth (Figure 10a).  δ15N and δ13C values of the lake 

sediment show significant variability, with δ15N values ranging from +11 to +28‰ and 

δ13C values ranging from -12 to -21‰. δ15N and δ13C values also do not vary with lake 

depth (Figure 10b). The δ15N values of surface sediments taken in 2009 overlap the δ15N 

values measured on guano samples collected around the lake in 2009 and 2004, but are 

higher overall (Figure 10c).  The median δ15N values of Genovesa sediment are 20‰ 

higher than median δ15N values of sediment from El Junco, another lake in the Galápagos 

that does not have a significant guano input (Figure 10a). Lake sediment nitrogen 

abundance is positively correlated with δ15N values (r=0.43, N=99, p<0.001), and δ13C 

values are negatively correlated with δ15N values (r=-0.49, N=107, p<0.001). The δ13C 

values of the sediment record overlap δ13C values of guano samples, and two samples of 

algae taken from submerged mangrove roots, but are more positive overall, suggesting 

other algae that comprise the lake sediment have higher δ13C values than the two 

measured algae samples (Figure 10d). Mangrove δ13C values are much lower than the 

lake sediment or algae samples. 
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6. Discussion 

 6.1 Local climate and regional climate dynamics  

 Local climate measurements on Genovesa reflect regional coupled ocean-

atmosphere variability. While daily air temperature was only weakly correlated with solar 

radiation (rs=0.27, N=169, p<0.001), it was strongly correlated with weekly SST values 

from 0° 90°W (Rayner et al. 2003) (rs=0.95, N=24, p<0.001) (Figure 11a). SST 

anomalies also appear to influence air temperature; the abrupt drop in air temperature in 

mid-May coincides with an abrupt drop in SST anomaly values (Figure 11b). However, 

the relationship between SST anomalies and air temperature is weaker (rs=0.31, N=24, 

p=0.14) than the relationship between SST and air temperature.  Precipitation is also 

controlled by SST—we observe a threshold SST value of ~25°C for substantial 

precipitation events (Figure 11b). The relationship between weekly SST and total weekly 

precipitation is also significant (rs=0.52, N=24, p=0.09). However, the relationship 

between weekly precipitation and SST anomaly values is insignificant (rs=0.09, N=24, 

p=0.66). That is, despite the persistence of 0.5° to 1.0°C SST anomalies through May, 

precipitation was confined to the warmest months of January, February, and March. 

Thus, the temporal pattern of precipitation and temperature from November 2009 to June 

2010 was mostly an expression of the seasonal cycle rather than interannual ENSO 

variability.  However, total seasonal precipitation from January through May at Genovesa 

in 2010 (459 mm) was much higher than average January to May precipitation (87 mm) 

measured during the non-El Niño years from 1978-1988 (Table 2). 
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 Precipitation tends to have high spatial heterogeneity, so we also compared 

Genovesa precipitation with daily precipitation values from Puerto Ayora (Trueman and 

D’Ozouville, 2010) and the 0.25 x 0.25° gridded Tropical Rainfall Measuring Mission 

(TRMM) data (Kummerow et al. 1998) for the grid cell containing Genovesa (Figure 12). 

The TRMM data are significantly correlated with on the ground measurements from 

Genovesa (rs=0.39, N=169, p<0.001) and Puerto Ayora (rs=0.34, N=169, p<0.001), and 

Genovesa is also significantly correlated with Puerto Ayora (rs=0.33, N=169, p<0.001). 

However, the largest precipitation events appear to be more spatially coherent than 

smaller precipitation events. On monthly timescales, precipitation is also more coherent; 

monthly precipitation at Genovesa spanning 1978 to 1988 (Grant and Grant 1989) and 

monthly precipitation at Puerto Ayora covary strongly (rs=0.51, N=55, p<0.001). 

 

 6.2 Local climate controls on limnologic variables  

 While it is clear that air temperature drives changes in water temperature in the 

upper part of the Genovesa water column (Figure 4a), the factors influencing lake salinity 

and lake level are more ambiguous. Although daily surface and oxycline salinity values 

are fresher during the period of high precipitation and low P-E values in February and 

March, salinity also changes substantially independent of P-E values (Figure 13a). Lake 

level anomalies are also not explicitly tied to P-E: lake level anomalies were lowest 

during the period of highest precipitation, climbed by 1.5 cm after the peak precipitation 

period, and then dropped abruptly on April 28, 2010 (Figure 13b). These small lake level 

variations are also independent of salinity values with the exception of the abrupt decline 
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at the end of April, which coincides with an abrupt freshening measured in the oxycline 

and at the bottom of the lake. Lake level resembles the Niño1+2 SST index (calculated 

from the HadISST1 dataset), with lake level increasing during periods of warm SST 

anomalies, and decreasing during periods of cool SST anomalies.   

 ENSO-induced changes in atmospheric pressure could influence lake level, as 

higher pressure depresses surface of the lake and the surrounding ocean, and lower 

pressure allows the lake and seawater to expand. However, local barometric pressure 

measured above the lake surface in conjunction with lake level shows a weak, positive 

correlation (r=0.24, p=, N=162). Thermosteric influences on lake water density and 

volume could control the small changes in lake level, with lake level increasing during 

warm periods and decreasing during cool periods. However, given the large changes in 

salinity, halosteric changes in lake water volume would likely overwhelm any 

thermosteric changes in water volume. A calculation of the steric change in lake level 

using our lake temperature and salinity measurements indicates that part of the gradual 

ramp up in lake level could be attributed to freshening, and the sudden drop in lake level 

could be attributed to the water abruptly returning to more saline values (Figure 13e). 

However, the calculated changes in lake level are far larger than observed, indicating that 

other factors, such as the consistent linkage to the ocean, are muting the observed 

changes in Genovesa lake level. 

 Since Genovesa Crater Lake is connected to the ocean, changes in sea surface 

height associated with ENSO could potentially influence lake level and salinity by 

controlling the amount of seawater entering the lake. During El Niño periods in the 
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eastern tropical Pacific, sea surface height is higher than normal, which could allow more 

seawater to filter through the Genovesa island basalt and enter the lake. Sea-surface 

height anomaly data (TAO buoy data, (Leuliette et al. 2004)) indicate an abrupt drop in 

height several days prior to the drop in Genovesa lake level, suggesting that sea surface 

height does contribute to Genovesa lake level changes. Interestingly, reduced seawater 

input cannot explain the sudden freshening of the lake coincident with the abrupt drop in 

lake level. Furthermore, the bottom sonde recorded a pulse of freshwater, rather than 

water with the salinity of seawater (35 ppt). We hypothesize that as lake level dropped 

due to lower sea surface height, groundwater stored above the elevation of the lake, likely 

from the most recent period of precipitation, seeped into the lake, producing the observed 

freshening.  

 

 6.3 Climate controls on sedimentation 

 The lake sediment we collected in sediment traps during 2009-2010 indicates that 

the sediment produced during warm, wet periods at Genovesa consists primarily of 

organic matter. Thus, we hypothesize that cooler, drier periods likely produces sediment 

with a greater percentage of authigenic carbonate as drier conditions cause evaporative 

concentration of ions in the lake water relative to warmer, wetter periods. Lower sea 

surface height during dry, La Niña periods may also reduce the seawater influx into 

Genovesa, increasing salinity of the lake water. To test this hypothesis, we compared the 

uppermost part of the Genovesa sediment record spanning the period of instrumental 

observations with local climate data. Using the monthly precipitation data from Puerto 
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Ayora, which spans 1965 to present, we calculated the number of consecutive months 

with less than or equal to 0.5 mm of precipitation per day for moving three-year 

windows.  During the late 19th and 20th century, the period with the highest Ca intensities 

in the Genovesa sediment record, reflecting increased authigenic carbonate abundance, 

occurs from 1987 to 1990 (Figure 14a). The sediment during this time is also a lighter 

brown color, suggesting decreased organic matter and increased authigenic carbonate 

abundance. We find that this period of highest Ca intensities occurred during the most 

prolonged period of dry conditions—29 months—in the forty-year precipitation record 

(Figure 14). Thus intervals of the sediment record with high Ca intensities, which often 

coincide with relatively pure layers of calcium carbonate, likely represent unusually 

prolonged dry periods.  Based on our sediment record, the most prolonged dry period at 

Genovesa since 1860 occurred between 1987 and 1990. C/N values also increased during 

from 1987-1990. Increased C/N values during dry intervals may be due to decreased 

productivity in the lake during the prolonged dry period. 

 The ratio of Si to Ca (Si/Ca) should reflect the amount of biogenic silica relative 

to authigenic carbonate, as the terrigenous component of Genovesa sediment is very 

small. We find that Si/Ca is significantly correlated with May to September SST at 0° 

90°W in the HadISST1 dataset (Rayner et al. 2003) with higher Si/Ca values coinciding 

with warmer May-September periods (r=0.49, p=0.008, N=27 ,Figure 14b). However, 

this relationship is insignificant in the ERSST v3b dataset (r=0.21, p=0.29, N=27) (Smith 

et al. 2008). Interestingly, these two datasets also show conflicting 20th century trends in 

the eastern tropical Pacific, with HadISST1 indicating weak cooling, and ERSST 
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indicating warming (Vecchi et al. 2007; Deser et al 2010).  If the HADISST1 dataset is 

correct, the ratio of Si to Ca suggests that May to September, which includes the height of 

the cool season, has not experienced a significant warming trend over the late 19th and 

20th centuries, in agreement with recent analysis of Galápagos station SST data, which 

shows warming is only occurring in the warm season (Wolff 2010). This result suggests 

that the recent warming observed in a reconstructed record of SST from San Cristobal 

Island is likely confined to the warm season (Conroy et al. 2009). 

 The link between Si/Ca and cool season SST is likely due climatic or oceanic 

impacts on diatom productivity. We observed very few diatom frustules in our sediment 

traps spanning the warm season/El Niño event, which suggests that other types of algae 

dominate the phytoplankton community in Genovesa during the warm season. Diatoms 

may thrive in Genovesa during the cool season due to increased oceanic upwelling, 

silicate, and nutrient availability, as the lake is connected to the ocean (Table 4) (Garcia 

et al. 2010). Although warmer SST is linked to increased precipitation on interannual 

timescales and in the warm season, there is not a significant relationship between cool 

season SST and precipitation in the lowlands (Trueman and d’Ozouville 2010); even in 

the warmer cool seasons, SST does not exceed 25°C, our threshold for precipitation at 

Genovesa (Figure 14b). Thus, Genovesa likely does not experience freshening during 

warmer cool seasons. Furthermore, calculated June-September evaporation from AD 

1979-2009 is significantly correlated with June-September HadISST1 at 0° 90°W 

(r=0.42, N=31, p=0.018), suggesting Genovesa experiences an increase in salinity during 

warmer cool seasons. Sr/Ca values are also higher during period of higher Si/Ca values, 
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indicating increased salinity or increased deposition of aragonite relative to calcite (also 

indicative of increased salinity) during warmer cool seasons (Cohen 2003).  Thus, the 

Genovesa diatom population likely thrives with warmer water temperatures or increased 

salinity during warmer cool seasons, which may be limiting to other types of algae.  

 Previous studies of lakes with significant seabird populations have used increases 

in δ15N values as an indicator of seabird presence, due to the strong trophic level 

influence on δ15N values (Michelutti et al. 2009). At Genovesa, Goodman (1972) 

originally hypothesized that the lake sediment record could serve as a proxy for the red-

footed booby population. Although the relatively high δ15N values of the Genovesa 

sediment are likely due to the influx of seabird guano (Figure 10c), it is unclear if 

variability within the record is due solely to changes in bird population and their guano 

input, or other factors, such as denitrification or ammonia volatilization (Talbot 2001). 

The most dramatic excursion in the δ15N record spanning AD 1860-2005 is an abrupt 

jump in δ15N values from +16 and +22‰ to values between +22 and +29‰, coincident 

with an increase in nitrogen and carbon abundance and a decrease in δ13C values, from 

AD 1950 to 1970 (Figure 15). As guano contains abundant carbon and nitrogen (guano 

samples contain 15-25% carbon and 6-20% nitrogen) and also has relatively negative 

δ13C values compared to the lake sediment, the abrupt increase in δ15N values could be 

attributed to an increase in guano into the lake. However, sediment δ15N values from 

1860-2005 are much higher than δ15N values measured in guano samples taken from 

around the shore in 2004 and 2009, indicating that either δ15N values of guano are 

temporally variable, or that other processes are fractionating nitrogen in Genovesa Crater 
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Lake. Guano values could vary over time: we observe a 1.8‰ difference in the average 

δ15N values from guano sampled in 2004 (14.4‰) and 2009 (12.6‰).  

 However, both denitrification and ammonia volatilization could confound the 

relationship between δ15N values, seabird population, and environmental conditions. 

Denitrification, or the anaerobic bacterial reduction of NO3
- to N2 gas, could produce 

more positive δ15N values in the sediment. This process is likely occurring below the 

oxycline in Genovesa, and may be the cause of higher δ15N values in the sediment 

relative to the guano. Ammonia volatilization, the conversion of organic nitrogen to NH3 

under conditions of high pH, could also produce higher δ15N values in the sediment 

nitrogen pool. Although the average pH of 8.4 in Genovesa is not extremely basic, 

ammonia volatilization could still be occurring, given the large amount of volatile urea in 

the seabird guano (Mizutani and Wada 1988).  

 A period of increased anoxia and denitrification or a period of increased pH and 

ammonia volatilization between AD 1950 and 1970 cannot directly explain the 

coincident increase in nitrogen abundance and δ15N values as both denitrification and 

ammonia volatilization should lead to a loss of nitrogen from the sediment (Talbot 2001). 

An increase in pH would also likely be recorded in the sediment record by an increase in 

authigenic carbonate, but we do not observe increased carbonate abundance from AD 

1950-1970. In other lake studies, coincident increases in δ15N values and nitrogen 

abundance are due to increased lake productivity. Increased lake productivity from 1950-

1970 would explain the increase in carbon, nitrogen, and δ15N values, but it would also 

likely lead to more positive δ13C values. However, we observe a decrease in δ13C values 
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with higher δ15N values carbon, and nitrogen abundance. Thus, we conclude that an 

increase in the island seabird population, and guano influx into the lake, occurred 

between AD 1950 and 1970.   

 Shortly after the abrupt increase in δ15N values at AD 1964, the seabird 

population off the coast of Peru abruptly declined (Jordon and Fuentes 1966; Chavez et 

al. 2003).  However, the dominant seabird in the Peruvian seabird index is not the red-

footed booby, but the cormorant (Phalacrocorax bougainvillii), which feeds on 

anchoveta (Engraulis ringens). The decline in anchoveta, either from overfishing or the 

biological regime shift toward a sardine-based system (Chavez et al. 2003) likely 

contributed to the decline in cormorants. Since the red-footed booby feeds on flying fish 

and squid—organisms that live in warmer waters (Nelson 1978)—ocean conditions may 

have become more amenable for this seabird species as conditions worsened for the 

cormorant. For example, during the sardine biological regime, more yellowfin tuna were 

found in the northeastern tropical Pacific (Chavez et al. 2003), and red-footed boobies 

often used schools of predatory fish such as the tuna to locate prey (Weimerskirch et al. 

2005).  

  

 6.4 Are the Genovesa sediment laminae annual (varved) or interannual? 

 The light and dark brown laminations in the Genovesa sediment record could 

represent the warm-cool seasonal cycle, or changes associated with interannual ENSO 

variability. To evaluate lamination frequency, we counted laminations between the top of 

the preserved sediment record, which begins at 11 cm, and our lowest radiocarbon 
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measurement at 54 cm. We could not start our count from the top of the record as we 

extruded these sediments in the field. Based on the maximum and minimum age 

estimates from our age modeling (Figure 5), we would expect between 420 and 540 

laminations if the laminae are indeed annual, and substantially fewer (< 300) if the 

laminations represent ENSO variability. We identified an average of 315±8 laminations 

in three separate counts of the laminae between 11 cm and 54 cm depth, suggesting that 

the laminations are more likely tied to interannual El Niño and La Niña events, rather 

than the seasonal cycle. The variability of laminae deposition, with a period averaging 

from 1.3 to 1.7 years, suggests that the laminations represent both El Niño and La Niña 

events. Or, individual events may be represented by multiple layers. 

 

7. Conclusions 

 Genovesa Crater Lake responds to the coupled ocean-atmosphere climate 

variability of the eastern tropical Pacific. Although the relationship between SST, air 

temperature, and lake temperature is straightforward, lake salinity and lake level are 

likely controlled by a more complex interplay of precipitation, evaporation, groundwater 

flux, and sea surface height. Surface salinity decreases with increased precipitation 

during the wet season and El Niño events, and also following reductions in sea-surface 

height that might allow allows groundwater from the previous wet period to enter the 

lake. Lake salinity likely increases during prolonged dry periods that are also associated 

with low sea surface height. Prolonged dry periods are represented in the Genovesa 

sediment record by lighter-colored, Ca-rich laminations that result from increased 
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authigenic carbonate precipitation. Only one such event, representing the prolonged dry 

period from 1987-1990, occurred in the sediment record from AD 1860 to 2004.  

 Warmer cool seasons in Genovesa are represented sediments with higher than 

average Si/Ca and Sr/Ca values, most likely due to increased diatom productivity and 

increased salinity during these periods. Salinity increases during warmer cool seasons are 

likely tied to increased evaporation from warmer temperatures. There is no relationship 

between SST and precipitation during the cool season, as SST rarely exceeds the 25°C 

threshold for precipitation during this season. Warm-season sediment is likely defined by 

increased organic matter, but not necessarily an increase in biogenic silica. Although our 

sediment trap material suggests an abundance of algal organic matter deposition during 

the most recent El Niño event, the difference between sediment deposited during El Niño 

versus the warm season remains unclear.  

 A period of increased nitrogen and carbon abundance and lower δ13C values of 

sediment organic matter from AD 1955-1970 and an abrupt increase in δ15N values at AD 

1964 suggest an increase in the seabird population and guano deposition in Genovesa, 

supporting Goodman’s (1972) original hypothesis that Genovesa sediment records 

variability in the size of the island bird colony. Following the abrupt shift to higher δ15N 

values in the Genovesa sediment record, anchoveta-feeding seabird populations decline 

in coastal Peru and an ocean-induced biological regime shift occurs, suggesting large-

scale regional oceanic controls on the organic carbon and nitrogen record in Genovesa.  
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Table C-1: Genovesa water chemistry, including pH, alkalinity, major cations and anions. 
1968 measurements from Goodman (1972). 
 
 
 
 
 
 
 
 
 
 
 
 

 Year 2009 1968 2009 1968 2009 1968 
Water depth (m) 0 0 12 10 24 25 
pH 8 8.6 8  8.5 7.5  8.2 
Alkalinity 
(mg CaCO3 l-1) 87.7  4405.9   0.0   
Ca (mg l-1) 599.8 660 544.3 650 512.4 650 
Mg (mg l-1) 1770.7 1900 1685.5 1900 1484.1 1900 
Na (mg l-1) 14932.5 16000 14963.2 16000 12607.0 16000 
K (mg l-1) 543.0 660 575.0 680 462.0 680 
Sr (mg l-1) 9.1   8.9   6.3   
Si (mg l-1) 6.1 43 6.3 42 7.7 49 
Cl (mg l-1) 26797.0   23837.0   22900.9   
SO4 (mg l-1) 3853.5   3359.9   3233.3   
Br (mg l-1) 94.7   83.1   79.2   
PO4 (mg l-1) 9.8   8.7   9.8   
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Table C-2:  14C measurements and ages of Genovesa material. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

core Sample Description 

Depth 
(cm) 
rel. 
GU6 

Lab 
number 

δ13C 
(‰) FMC 14C age (years) 

GU-7 mangrove leaf 47 AA66663 -23.30 0.9646±0.0045 289±38 
GU-7 mangrove leaf 52 AA91765 -25.00 0.9608±0.0054 321±45 
GU-7 mangrove leaf 54 AA66664 -23.60 0.9407±0.0045 491±39 
  modern mangrove leaf   AA61619 -30.60 1.0820±0.0084 Post-bomb 
  modern mangrove leaf   AA61620 -29.16 1.1393±0.0045 Post-bomb 
  modern algae   AA89088 -17.50 0.7327±0.0037 2499±40 
  modern algae   AA89089 -18.50 0.7822±0.0039 1973±40 
  modern guano   AA61614 -22.41 1.0471±0.0043 Post-bomb 
  modern guano   AA61615 -20.31 1.0503±0.0043 Post-bomb 
  modern guano   AA61616 -17.62 1.0571±0.0044 Post-bomb 
  modern guano   AA61617 -20.00 1.0570±0.0043 Post-bomb 
  modern guano   AA61618 -22.55 1.0439±0.0063 Post-bomb 
  surface sediment   AA61621 -19.20 0.8846±0.0040 985±34 
  surface sediment   AA61622 -19.14 0.8881±0.0040 953±34 
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Year 1978 1980 1981 1982 1983 1984 1985 1986 1987 1988 2010 
Total 

Precipitation 
(mm) 

153 164 121 82 1288 57 0 79 749 13 459 

 
Table C-3: Total January-May precipitation (mm) at Genovesa, 1978-1988 (Grant and 
Grant 1989) and 2010. 
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Month silicate (µM/l) phosphate (µM/l) nitrate (µM/l) 
Jan 6.52 0.21 0.90 
Feb 4.37 0.69 5.26 
Mar 4.19 0.45 3.01 
Apr 7.29 0.87 9.26 
May 7.62 0.76 7.65 
Jun 1.23 1.19 7.79 
Jul 4.99 0.74 5.74 

Aug 6.38 0.78 8.41 
Sep 8.87 0.91 8.14 
Oct 3.21 0.58 4.81 
Nov 5.34 0.60 6.16 
Dec 6.04 0.62 3.92 

 
 
Table C-4: Average monthly silicate, phosphate, and nitrate values at 0 m from 5°S 
to 0°, 90°W to 83°W (Garcia et al. 2010).  
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Figure C-1: Study site. A. Galápagos Archipelago. Box drawn around Genovesa. B. Map 
of Genovesa, modified from Harpp et al. (2002) with 100 m contour lines. C. 
Bathymetric map of Genovesa Crater Lake with 5 m contour lines.  
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Figure C-2: Profiles of A) temperature (°C), B) dissolved oxygen (mg/L), and C) salinity 
(ppt) through the Genovesa water column. March 1968 and June 1966 data (from P. 
Colinvaux) are from Howmiller (1969) and June 1968 data are from Goodman (1972). 
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Figure C-3: Daily Genovesa weather station data from November 2009 to June 2010: A) 
precipitation (mm/day), B) evaporation (mm/day), C) air temperature (°C), D) solar 
radiation (W/m2), E) wind speed (m/s), and D) wind direction.  
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Figure C-4: Genovesa lake data from November 2009 to June 2010: A) daily air, and 15-
minute surface, oxycline, and bottom water temperatures (°C), B) 15-minute surface, 
oxycline, and bottom water salinity (ppt), C) 15-minute bottom water salinity (ppt), and 
D) daily lake level anomalies (cm). E) daily lake water density values (g/cm3). 
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Figure C-5: Genovesa age model to 500 cal years BP. A) 137Cs measurements (dpm/g), 
B) calculated 210Pb ages, gray bar indicates 137Cs bomb-spike of 1963. C)  clam age 
model combining 210Pb and radiocarbon ages. Gray area highlights maximum and 
minimum age estimates for core, and black line indicates best-fit (median) age model. 
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Figure C-6: Genovesa sediment traps containing sediment from November 28, 2009 to 
June 5, 2010. A) 2 m sediment trap, B) 7 m sediment trap, and C) 25 m sediment trap. 
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Figure C-7: A) Lithology of top 1.2 m of the Genovesa lake sediment record.  B) SEM 
image of green diatomaceous ooze, showing matrix of Chaetocerus sp. frustules. C) 
Example fecal pellet, present in abundance in sediment traps and throughout sediment 
record. D) Aragonite crystals from white carbonate layers. E) Transmitted light 
photograph of laminae from region of more diffuse laminations in uppermost part of the 
1.2 m sediment record. F) Transmitted light photograph of laminae from region of more 
strongly contrasting laminations in lower part of 1.2 m sediment record. G) Photograph 
of green ooze interval. H) Photograph of green ooze interval represented by green ooze 
with large pieces of authigenic carbonate. 
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Figure C-8: Genovesa elemental abundances and percent loss on ignition (LOI) for the 
uppermost sediments. A) Percent organic carbon and weight percent LOI at 550°C. B) S 
abundance, Ca abundance, and weight percent LOI at 1000°C. 
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Figure C-9: Transmitted light thin section photograph of Genovesa sediment and XRF 
maps of elemental intensities plotted in colorized grayscale. Lighter colors indicate 
higher abundance of the elements. 
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Figure C-10: Genovesa organic carbon and nitrogen data. A) Carbon, nitrogen, and C/N 
values versus lake depth. Asterisks indicate significant correlation coefficients. B) δ13C 
(‰ VPDB) and δ15N values (‰ air) versus lake depth, C) Box plots of δ15N values (‰ 
air) for El Junco Lake, Genovesa Crater Lake, and modern guano samples, D) Box plots 
of δ13C (‰ VPDB) values for the Genovesa sediments, guano, algae, and mangrove 
samples. Box indicates 25th and 75th percentiles, line in box indicates median value, 
whiskers indicate 90th and 10th percentiles, circles indicate values > 90th and < 10th 
percentile. 
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Figure C-11: Genovesa climate variables and weekly, local SST values (Reynolds et al. 
2002) from November 2009 through June 2010. A) Genovesa air temperature and weekly 
average SST values for 0° 90°W, B) Genovesa air temperature and weekly average SST 
anomaly values for 0° 90°W, C) Genovesa precipitation and weekly average SST values 
for 0° 90°W, D) Genovesa precipitation and weekly average SST anomaly values for 0° 
90°W. 
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Figure C-12: A) Plot of daily precipitation amount (mm/day) from Genovesa, Puerto 
Ayora (Charles Darwin Research Station climate database), and TRMM satellite 
estimates (Kummerow et al. 1998) of precipitation for the 0.25°x0.25° grid cell 
containing Genovesa. B) Plot of monthly precipitation from Genovesa and Puerto Ayora. 
Precipitation measurements from Genovesa span January to May, 1978-1988. 
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Figure C-13: Genovesa lake level, salinity, weekly Niño1+2 index values (NOAA CPC), 
and sea surface height anomalies (Leuliette et al. 2004). A) Daily P-E values (mm/day), 
surface and oxycline salinity, B) daily P-E values (mm/day) and lake level anomalies 
(cm), C) Daily oxycline salinity values (ppt) and lake level anomalies (cm), D) daily 
Niño1+2 index values (°C) and lake level anomalies (cm), E) Daily lake level anomaly 
(cm) and calculated thermosteric and halosteric lake level change (cm), F) Daily lake 
level anomaly (cm) and sea surface height changes (cm) near Genovesa. Light red line is 
weekly sea surface height anomaly (cm) for 0° 90°W (Leuliette et al. 2004). Dark red line 
is the daily NOAA/PMEL TAO dynamic height (cm) for the buoy located at 0° 95°W. 
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Figure C-14: Genovesa elemental abundance time series that reflect moisture and SST. 
A) C/N values, Ca values and the number of consecutive months in three-year windows 
with ≤ 0.5mm/day of precipitation in Puerto Ayora (Snell and Rea, 1999). Shading 
indicates most prolonged dry period in the precipitation record. B) Sr/Ca values, Si/Ca 
values, and five-year smoothed May-September HadISST1 for 0° 90°W (Rayner et al. 
2003).  Shading indicates warmer cool seasons with higher Si/Ca and Sr/Ca values. 
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Figure C-15: A) Genovesa organic carbon (filled circles) and nitrogen (hollow circles) 
abundance B) δ15N values (‰ air) C) δ13C values (‰ VPDB), and D) the Peru seabird 
and anchoveta indices (Chavez et al. 2003; Jordon et al. 1966). Shading highlights 
periods of larger anchoveta landings and greater seabird abundance. 
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APPENDIX D: PERMISSIONS 
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APPENDIX A: REGIONALIZATION OF PRESENT-DAY PRECIPITATION IN THE 
GREATER MONSOON REGION OF ASIA, is reprinted with permission from the 
American Meteorological Society. 

 

Conroy, J.L., and Overpeck, J.T. 2011. Regionalization of present-day precipitation in the 
greater monsoon region of Asia. Journal of Climate. doi:10.1175/2011JCLI4033.1 

 

 

 

 




